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A review of observations and models of dynamic topography 
Abstract 
The topography of Earth is primarily controlled by lateral differences in the density structure of the crust 
and lithosphere. In addition to this isostatic topography, flow in the mantle induces deformation of its 
surface leading to dynamic topography. This transient deformation evolves over tens of millions of years, 
occurs at long wavelength, and is relatively small (<2>km) in amplitude. Here, we review the observational 
constraints and modeling approaches used to understand the amplitude, spatial pattern, and time 
dependence of dynamic topography. The best constraint on the present-day dynamic topography induced 
by sublithospheric mantle flow is likely the residual bathymetry calculated by removing the isostatic effect 
of oceanic lithospheric structure from observed bathymetry. Increasing knowledge of the thermal and 
chemical structure of the lithosphere is important to better constrain present-day mantle flow and 
dynamic topography. Nevertheless, at long wavelengths (>5000 km), we show that there is good 
agreement between published residual topography fields, including the one described here, and present-
day dynamic topography predicted from mantle flow models, including a new one. Residual and predicted 
fields show peak-to-peak amplitudes of roughly ±2 km and a dominant degree two pattern with high 
values for the Pacific Ocean, southern Africa, and the North Atlantic and low values for South America, 
western North America, and Eurasia. The flooding of continental interiors has long been known to require 
both larger amplitudes and to be temporally phase-shifted compared with inferred eustatic changes. Such 
long-wavelength inferred vertical motions have been attributed to dynamic topography. An important 
consequence of dynamic topography is that long-term global sea-level change cannot be estimated at a 
single passive margin. As a case study, we compare the results of three published models and of our 
model to the subsidence history of well COST-B2 offshore New Jersey. The <400>± 45 m amount of 
anomalous subsidence of this well since 85 Ma is best explained by models that predict dynamic 
subsidence of the New Jersey margin during that period. Explicitly including the lithosphere in future 
global mantle flow models should not only facilitate such comparisons between model results and data, 
but also further constrain the nature of the coupling between the mantle and the lithosphere. 
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ABSTRACT 8	
The topography of the Earth is primarily controlled by lateral differences in the 9	
density structure of the crust and lithosphere.  In addition to this isostatic topography, 10	
flow in the mantle induces deformation of its surface leading to dynamic topography.  11	
This transient deformation evolves over tens of millions of years, occurs at long 12	
wavelength and is relatively small (< 2 km) in amplitude. Here, we review the 13	
observational constraints and modeling approaches used to understand the amplitude, 14	
spatial pattern and time-dependence of dynamic topography.  The best constraint on the 15	
present-day dynamic topography induced by sub-lithospheric mantle flow is likely the 16	
residual bathymetry calculated by removing the isostatic effect of oceanic lithospheric 17	
structure from observed bathymetry.  Increasing knowledge of the thermal and chemical 18	
structure of the lithosphere is important to better constrain present-day mantle flow and 19	
dynamic topography.  Nevertheless, at long wavelengths (> 5,000 km), we show that 20	
there is good agreement between published residual topography fields, including one 21	
described here, and present-day dynamic topography predicted from mantle flow models, 22	
including a new one.  Residual and predicted fields show peak-to-peak amplitudes of 23	
	 2	
roughly ± 2 km and a dominant degree two pattern with high values for the Pacific 24	
Ocean, southern Africa and the North Atlantic and low values for South America, 25	
western North America and Eurasia.  The flooding of continental interiors has long been 26	
known to require both larger amplitudes and to be temporally phase-shifted compared 27	
with inferred eustatic changes.  Such long wavelength inferred vertical motions have been 28	
attributed to dynamic topography.  An important consequence of dynamic topography is 29	
that long-term global sea level change cannot be estimated at a single passive margin.  As 30	
a case study, we compare the results of three published models and of our model to the 31	
subsidence history of well COST-B2 offshore New Jersey.  The < 400 ± 45 m of 32	
anomalous subsidence of this well since 85 Ma are best explained by models that predict 33	
dynamic subsidence of the New Jersey margin during that period. Explicitly including the 34	
lithosphere in future global mantle flow models should not only facilitate such 35	
comparisons between model results and data, but also further constrain the nature of the 36	
coupling between the mantle and the lithosphere. 37	
 38	
INTRODUCTION		39	
	 Knowledge of the effect of mantle flow on surface topography has considerably 40	
increased over the last 30 years.  The rapid improvement in computational algorithms and 41	
computing resources has facilitated the modeling of global mantle flow at increasing 42	
resolution, that now achieve Earth-like convective vigor.  The dramatic expansion of 43	
global and regional seismic data sets and numerical methods have lead to commensurate 44	
improvements in the resolution and global coverage of mantle tomographic images (e.g. 45	
Romanowicz, 2008).  In turn these have lead to an improved understanding of the 46	
thermo-chemical structure of the mantle (Grand, 2002; Masters et al., 2000; Simmons et 47	
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al., 2007). Independently, global plate reconstructions that are used to constrain the 48	
evolution of mantle flow and to interpret seismic images of the mantle have likewise 49	
improved and such reconstructions are now available back to the Triassic in million year 50	
increments (Seton et al., 2012).  As a consequence, plate kinematics and seismic 51	
tomography can now be assimilated into both forward and backward mantle flow models.  52	
Exploiting such improvements, a range of known long-wavelength vertical motions of 53	
continental plates have been attributed to mantle flow and hence used as constraints on 54	
the spatial character, amplitude and time-dependence of mantle flow. Examples include 55	
the Cenozoic uplift of Southern Africa (Gurnis et al., 2000), the late Cenozoic uplift of 56	
the Colorado Plateau (Moucha et al., 2009), the Cretaceous subsidence and  subsequent 57	
uplift of the interior of North America (Liu et al., 2008; Mitrovica et al., 1989), the tilt of 58	
northern South America to the East during the Miocene (Shephard et al., 2010), the tilt of 59	
Australia since the late Cretaceous (DiCaprio et al., 2009) and the vertical motions of the 60	
Slave and Kaapvaal Cratons since the Paleozoic (Zhang et al., 2012).  An important 61	
concept that derives from such studies is that there is likely “no such thing as a stable 62	
continental platform” (Moucha et al., 2008a) which in turn implies that long-term global 63	
sea level (eustasy) change cannot be defined based on the detailed analysis of the 64	
stratigraphic record in a single area, as has been argued previously (e.g. Miller et al., 65	
2005).   66	
Nevertheless, multiple challenges still limit our understanding of global dynamic 67	
topography, including different definitions of the meaning of the terms “dynamic 68	
topography”, inaccurate estimates of present-day dynamic topography in the absence of a 69	
detailed global model of the structure of the lithosphere, and contradicting model 70	
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predictions of vertical motions for the same area (Moucha et al., 2008a; Müller et al., 71	
2008b; Spasojevic et al., 2008).   72	
In this review, we first attempt to clarify the definition of dynamic topography.  73	
We then explore observational constraints on present-day and time-dependent dynamic 74	
topography.  For the present-day, we compare three published residual topography fields 75	
(Kaban et al., 2003; Panasyuk and Hager, 2000; Steinberger, 2007) and a residual 76	
topography field that we derive, and show that they are in broad agreement.  We then 77	
carry out a non-exhaustive review of analytical and numerical models of dynamic 78	
topography, both instantaneous and time-dependent, with an aim of not only showing the 79	
progressive improvements of these models but also to expose the strengths and limits of 80	
each.  As part of this process, we compare the present-day dynamic topography predicted 81	
by four published models (Conrad and Husson, 2009; Ricard et al., 1993; Spasojevic and 82	
Gurnis, in press; Steinberger, 2007) and by the model that we introduce in this study.  83	
This comparison shows that the predicted dynamic topography fields are in good 84	
agreement at long wavelength, although the predicted amplitudes differ from one model 85	
to another.  The residual topographies and modeled dynamic topographies are in broad 86	
agreement, although there are important regional mismatches.  For example, east and 87	
southeast Asia are highs in most residual topography fields but they are also dynamic 88	
topography lows.  We attribute this discrepancy to the difficulty to constrain residual 89	
topography with limited extents of dated oceanic lithosphere. In addition, the northeast 90	
Pacific present day residual topography disagrees with modeled changes in dynamic 91	
topography, which shows the limitations in constraining a process that occurs over tens of 92	
millions of years using a snapshot of residual topography.  We next discuss the 93	
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consequences of dynamic topography for long-term sea level change.  Although the 94	
global effect of dynamic topography on long-term sea level change, dominated by 95	
changes in the volume of ocean basins, is secondary (< 100 m; Conrad and Husson, 2009; 96	
Spasojevic and Gurnis, in press), its regional effects are important.  To illustrate this, we 97	
carry out a detailed analysis of the anomalous subsidence of COST-B2 well offshore New 98	
Jersey that illustrates that this margin has subsided by up to 400 ± 45 m since 85 Ma.  We 99	
show that this dynamic subsidence is consistent with the model presented in this study 100	
and with two previously published models (Müller et al., 2008b; Spasojevic et al., 2008).  101	
However, given the large uncertainty associated with the dynamic models, the detailed 102	
sea level curve derived from the stratigraphy of the New Jersey margin cannot be 103	
corrected for dynamic effects, which implies that it should not be used as long-term 104	
global sea level curve. From an observational point of view, a detailed knowledge of the 105	
thermal and chemical structure of the lithosphere is key to constraining present-day 106	
dynamic topography. From a modeling point of view, explicitly including the lithosphere 107	
in future global mantle flow model should not only facilitate the comparison between 108	
modeling results and the geological record, but also make dynamic topography an 109	
additional constraint on the nature of the coupling between the mantle and the 110	
lithosphere.  111	
 112	
DYNAMIC TOPOGRAPHY 113	
Dynamic topography is that topography due to flow within the mantle, an idea 114	
that was first proposed by Pekeris (1935). It is ‘dynamic’ because the mass anomalies 115	
driving the density are moving and this contrasts with isostatic topography in which the 116	
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mass anomalies are in a state of quasi-equilibrium. Due to plate tectonics, the topography 117	
of the Earth consists of continents and oceans with an average elevation difference of 118	
~ 4.5 km.  This first-order difference in elevation is of isostatic origin and results from 119	
the different average densities and thicknesses of continental and oceanic crust and 120	
lithosphere.  The long-known poor correlation between the ocean-continent function and 121	
the long wavelength geoid (Kaula, 1972) supports this view.  If the topography of the 122	
Earth was not affected by any dynamic processes, flat continents would stand ~ 4.5 km 123	
above flat abyssal plains.    This is clearly not the case, and the topography of the Earth 124	
results from an array of dynamic processes operating at different scales in time and space. 125	
In the continents, tectonic convergence results in mountain belts such as the Himalayas 126	
and the Andes, and tectonic divergence results in rifts, such as the East African or the 127	
Salton Sea in California.  The process leading to these topographic features is clearly 128	
dynamic, but even in active and geologically recent tectonic zones the topography is 129	
largely compensated isostatically: the continental crust is thicker than average in 130	
mountain belts, and thinner than average in rifts (Mooney et al., 1998). 131	
In the oceans, the bathymetry is primarily determined by cooling and thickening 132	
of oceanic lithosphere as it moves away from spreading centers (Langseth et al., 1966; 133	
McKenzie, 1967).  While it is ultimately dynamic in origin, the bathymetry of the young 134	
ocean floor (< 80 Ma) is well explained by combining the principles of isostasy and of 135	
the cooling of a semi-infinite half space (Davis and Lister, 1974).  Ocean floor older than 136	
~ 80 Ma appears to flatten compared to this simple and elegant physical model, although 137	
whether “normal” old seafloor flattens is subject to some debate (Hillier, 2010; Korenaga 138	
and Korenaga, 2008).  The reason for the apparent shallowing of old ocean floor is the 139	
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subject of ongoing debate, and proposed explanations include thermal rejuvenation by hot 140	
spots (Smith and Sandwell, 1997), small-scale convection (e.g. Afonso et al., 2008) 141	
dynamic support by mantle flow (Kido and Seno, 1994; Zhang et al., 2012) and departure 142	
from the topography predicted by thermal boundary layer theory due to radioactive heat 143	
production within the mantle (Jarvis and Peltier, 1982). In the absence of consensus 144	
regarding the physical process explaining this flattening, the age-depth relationship of the 145	
ocean floor can still be accommodated in empirical “plate models” (e.g. Crosby and 146	
McKenzie, 2009; Parsons and Sclater, 1977).  As in the continents, the topography of the 147	
ocean floor is affected by variations in crustal thickness, notably in areas affected by 148	
magmatism such as oceanic plateaus.  Similarly, variations in lithospheric temperature 149	
and magmatic processes also affect continental topography, however there is no simple 150	
tectonic model to describe the topography of continents due to their long and complex 151	
tectonic history. 152	
Given the number of dynamic processes that affect topography, it is not surprising 153	
that the definition of “dynamic topography”, which generally describes the effect of 154	
mantle convection on surface topography, does not have a single, agreed-upon definition.  155	
As discussed above, the bathymetry of the ocean floor is compatible with that of the 156	
thermal boundary layer of the convecting mantle and in this respect the subsidence of 157	
oceanic lithosphere with age should be included in the definition of dynamic topography.  158	
However, the dynamics of the continental lithosphere are more complex and cannot be 159	
explained by boundary layer theory.  For this reason, defining dynamic topography 160	
globally as the difference between observed topography and isostatic crustal topography 161	
(e.g. Forte et al., 1993) results in continents dynamically depressed by up to 3 km, which 162	
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is inconsistent with observations (Gurnis, 1993a).  This discrepancy is in part due to the 163	
non negligible isostatic contribution of the continental lithosphere (in the past referred to 164	
as tectosphere; Jordan, 1975) to topography. Given the relatively poor global constraints 165	
on the complex structure and density of the continental lithosphere (Zoback and Mooney, 166	
2003), dynamic topography is usually defined as that topography originating from 167	
sources beneath the upper thermal boundary layer of mantle convection (e.g. Le Stunff 168	
and Ricard, 1995; Panasyuk and Hager, 2000).  We use this latter definition in the present 169	
paper, keeping in mind that it ignores the many lithospheric-scale dynamic processes that 170	
affect topography, including those described above. 171	
 172	
PRESENT-DAY CONSTRAINTS ON LONG-WAVELENGTH DYNAMIC 173	
TOPOGRAPHY: RESIDUAL TOPOGRAPHY 174	
Constraining dynamic topography requires removing the isostatic contribution of 175	
the sediments, ice, crust and lithosphere from the observed topography. The remaining 176	
topography is called residual topography (Crough, 1983).  In the oceans, a choice must be 177	
made between correcting either for the physical half-space cooling model (as in Davies 178	
and Pribac, 1993; Gurnis et al., 2000) or for a plate model accounting for the apparent 179	
flattening of the ocean floor with increasing age (Kaban et al., 2003; Le Stunff and 180	
Ricard, 1995; Steinberger, 2007).  The former approach implies that mantle support may 181	
contribute to the observed flattening of old ocean floor (Kido and Seno, 1994), whereas 182	
the latter requires some other physical process to operate.  In the continents, a common 183	
approach is to remove the isostatic topography due to the continental crust (Forte et al., 184	
1993; Steinberger, 2007).  However, correcting for the isostatic contribution of the 185	
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continental crust alone can result in continents being either systematically lowered or 186	
elevated by one to two kilometers, which is inconsistent with observation (Gurnis, 187	
1993a).  Zoback and Mooney (2003) showed that there is no simple relationship between 188	
continental crustal thickness and surface elevation, and that isostatic models based on 189	
crustal thickness alone systematically over-predict continental elevations, mainly because 190	
Archean continental lithosphere is depleted and of intrinsically lower density (Jordan, 191	
1975). Several authors have proposed residual topography maps that remove the isostatic 192	
contribution of both the continental crust and continental lithosphere (Kaban et al., 2003; 193	
Le Stunff and Ricard, 1995; Panasyuk and Hager, 2000).  Such calculations require 194	
assumptions relative to the thermo-chemical state of the continental lithosphere, which 195	
result in relatively large uncertainties (Kaban et al., 2003; Le Stunff and Ricard, 1995; 196	
Panasyuk and Hager, 2000) and underline the need for a better knowledge of the thermal 197	
and chemical structure of the lithosphere in order to constrain mantle flow models. 198	
The long wavelength residual topography has been calculated by removing the 199	
mean continental elevation from continents (following Gurnis et al., 2000; Lithgow-200	
Bertelloni and Silver, 1998), because the thermal and chemical structures of the 201	
continental lithosphere are not well known.  In the oceans, the plate cooling model of 202	
Crosby and McKenzie (2009) was removed from the observed bathymetry after 203	
accounting for isostatic loading by sediments using the method of Sykes (1996) and the 204	
global sediment thickness map of Divins (2003).  We consider that continents extend to 205	
the edge of the continental shelf (magenta contours in Fig. 1A), which roughly 206	
corresponds to the -200 m elevation contour (Harrison et al., 1983), and we calculate the 207	
equal area arithmetic mean continental elevation as  529 m.   The areas between the edge 208	
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of the continental shelf and ocean floor per se as defined by (Müller et al., 2008a) were 209	
arbitrarily set to a uniform elevation of -200 m.  The resulting residual topography was 210	
low-pass filtered using a filter tapered for wavelengths between 2,000 and 5,000 km, to 211	
simplify comparison with published estimates of residual topography expanded in 212	
spherical harmonics to degree 12 (Kaban et al., 2003; Panasyuk and Hager, 2000; 213	
Steinberger, 2007; Fig.1B, C, and D).  The residual topography contains an isostatic 214	
component evident in high values in the Himalayas and Andes (with present crustal 215	
thicknesses greater than 50 km (Mooney et al., 1998) shown as yellow contours, Fig. 1A).  216	
In the oceans, the residual topography highs are closely associated with hot-spot tracks 217	
(Cazenave et al., 1989; Schroeder, 1984) and Phanerozoic large igneous provinces (LIPs; 218	
denoted by green contours in Fig. 1A).  Therefore, part of the oceanic residual 219	
topography is due to the thicker crust of oceanic plateaus and at least partially 220	
isostatically compensated.  Ideally, a correction for the thickness of the oceanic crust 221	
should be carried out to estimate the topography associated with mantle support.  Such 222	
studies have been carried out regionally (e.g. Crosby and McKenzie, 2009; Winterbourne 223	
et al., 2009) but not yet globally. Finally, the residual topography high over the Canada 224	
Basin in the Arctic Ocean (Fig. 1A) can be attributed to the absence of sediment 225	
thickness data.   226	
Despite being based on different isostatic models of the lithosphere, the four 227	
residual topography fields (Fig. 1) agree overall.  For half-wavelengths greater than 228	
~ 3,300 km, the peak-to-peak amplitude is ± 2 km, and the root-mean-square amplitude 229	
~ 0.5 km (Table 1).  The peak-to-peak amplitude is smallest for the model of Panasyuk 230	
and Hager (2000), and  largest for the model presented in this study (Table 1) due to the 231	
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absence of correcting for isostasy in elevated areas (Fig. 1A).  The root-mean-square 232	
amplitude is smallest for the model of (Panasyuk and Hager, 2000), and largest for the 233	
model of (Kaban et al., 2003 ; Table 1).  In terms of pattern, in the continents, features 234	
common to all four models include the residual topography lows within central Europe, 235	
eastern North America, and western South America, and the residual topography highs 236	
within southern and eastern Africa and western North America.  In the oceans, the most 237	
persistent features between models are the Australian-Antarctic Discordance (AAD) that 238	
depresses the south east Indian mid-ocean ridge, the Argentine Basin in the southern 239	
South Atlantic, the residual topography low under the western part of the central Atlantic 240	
ocean, the large-scale, low-amplitude residual topography low under the northeast 241	
Pacific, and the highs under the central and western Pacific (Darwin Rise), the areas 242	
offshore southern Africa and around Iceland and the northern mid-Atlantic ridge. 243	
 244	
TIME-DEPENDENT CONSTRAINTS ON DYNAMIC TOPOGRAPHY 245	
In principle, dynamic topography can occur over all wavelengths from 10 km to 246	
greater than 1,000 km but since crustal and lithospheric density and thickness variations 247	
and plate flexure exerts a strong control on topography for wavelengths less than 100 km, 248	
most attempts to deconvolve it from the geological record have focused on transient long 249	
wavelengths changes that cannot be well explained without invoking dynamic 250	
topography. In this section, we first focus on the geological expression of long-251	
wavelength dynamic topography that is the main focus of this paper before giving a brief 252	
overview of short-wavelength dynamic topography. 253	
 254	
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Geological expressions of long-wavelength dynamic topography 255	
Long-wavelength dynamic topography is recorded by lithospheric plates moving 256	
over the constantly changing mantle flow and is thus ephemeral over million years to tens 257	
of millions of years.  As a result, subsidence events are generally followed by uplift and 258	
vice versa.  Indeed, the fact that dynamic topography is transient over tens of millions of 259	
years means that it must be recorded over long time periods over which the preservation 260	
potential of the rock record is poor. The very nature of the long-wavelength, low-261	
amplitude dynamic topography signal makes it difficult to isolate it in the geological 262	
record that is dominated by shorter wavelength, larger amplitude signals such as 263	
lithospheric extension or shortening. One further restriction on the preservation of 264	
dynamic topography comes from the geological record itself that is biased towards areas 265	
that have been subsiding for long periods of time and have a good preservation potential, 266	
as opposed to uplifting areas that are subject to erosion and have a poor preservation 267	
potential.  However, strata deposited in a dynamic topography depression also have low 268	
long-term preservation potential because dynamic topography is transient. Thus, ancient 269	
subduction-related dynamic topography is most likely to be represented by 270	
unconformities (Burgess et al., 1997).  As a consequence, the stratigraphic record is the 271	
most accessible archive of the dynamic topography signal, and continental interiors that 272	
have not undergone deformation for hundreds of million years are the most promising 273	
places to search for the dynamic topography signal (Gurnis, 1992).   274	
 275	
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Stratigraphic record of continental interiors: examples from North America and 276	
Australia 277	
The western interior Cretaceous seaway of North America that covered ~ 40% of 278	
the continent and resulted in > 1 km of sediments deposited over ~ 1,000 km (Bond, 279	
1976; Liu and Nummedal, 2004) presents a robust long-wavelength signal. Analysis of 280	
Cretaceous sediments in North America suggests that the observed flooding would 281	
require a sea-level rise of 310 m, resulting in accumulation of 700 m of sediments (Bond, 282	
1976), but the inferred Cretaceous isopachs (Cook and Bally, 1975) are significantly 283	
thicker. Late Cretaceous subsidence was followed by Tertiary uplift with a maximum tilt 284	
amplitude of 3 km over ~ 1,400 km (Mitrovica et al., 1989). During the Late Cretaceous, 285	
when the sedimentary wedge was thickest, the depositional system was characterized by 286	
an eastward migration of a depocenter from Utah to Wyoming (Weimer, 1970; Fig. 2A). 287	
The dominant characteristic is a westward downward tilt with an internal depocenter that 288	
migrated eastward at 5 cm/yr within North America (Liu et al., 2012; Fig. 2B-F; Liu et 289	
al., 2011). Besides this dominating Late-Cretaceous to Tertiary signal, Heller et al. (2003) 290	
identified three thin but widespread alluvial conglomeratic units that recorded post-291	
Paleozoic episodes of wide spread tilting across the U.S. Cordillera that have been 292	
interpreted in terms of dynamic topography. Finally, a combination of stratigraphic, 293	
thermochronologic and provenance constraints showed that the south western corner of 294	
the U.S. tilted to the east at ~ 80 Ma and then to the west at ~ 55 Ma over scales of 295	
~ 500 km with an amplitude of ~ 1 km (Wernicke, 2011). 296	
 Episodes of anomalous long wavelength motions have also been inferred for 297	
Australia that has experienced little orogenic activity since the mid-Mesozoic and is 298	
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relatively flat. During the Cretaceous, the marine inundation of Australia and eustasy 299	
were out of phase. Maximum flooding of Australia occurred in the late Aptian to early 300	
Albian (120 to 110 Ma) (Struckmeyer and Brown, 1990), when large regions of the 301	
continent experienced marine inundation. Australia became progressively exposed during 302	
the Late Cretaceous, reaching a flooding minimum in the Campanian (80 to 70 Ma) when 303	
global sea level was near a maximum. This record of anomalous relative sea level 304	
suggests that Australia has experienced several episodes of vertical motion, including a 305	
large-scale vertical translation of the entire continent and a localized subsidence event 306	
(Bond, 1978; Russell and Gurnis, 1994; Veevers and Conaghan, 1984). Late Cretaceous 307	
vertical motions appear to have been mostly confined to the Eromanga and Surat basins 308	
(Gallagher and Lambeck, 1989). The Eromanga Basin recorded ~ 500 m of tectonic 309	
subsidence in 10 million years (Myr) at around 100 Ma (Gallagher and Lambeck, 1989). 310	
Apatite fission track analysis suggests that the Cretaceous strata of the Surat Basin and 311	
basins on the eastern margin were subsequently eroded (Gallagher et al., 1994), which is 312	
consistent with the tilting up toward the east of Cretaceous marine strata (Gallagher et al., 313	
1994; Russell and Gurnis, 1994). Near the end of the Cretaceous, Australia was about 314	
250 m higher than it is today (Bond, 1978; Russell and Gurnis, 1994; Veevers and 315	
Conaghan, 1984).   During the Cenozoic, Australia moved northward after it separated 316	
from Antarctica and tilted down to the northeast (DiCaprio et al., 2009; Sandiford, 2007).  317	
This tilt must have had an amplitude of 300 m since the Eocene to reconcile interpreted 318	
patterns of marine incursion with a predicted topography accounting for global sea level 319	
variations (DiCaprio et al., 2009).  On the southern margin, long wavelength dynamic 320	
topography was enhanced by at least 250 m of shorter wavelength anomalous subsidence, 321	
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consistent with the passage of the margin over a north–south elongated, 500 km wide, 322	
anomaly of dynamic topography approximately fixed with respect to the mantle 323	
(DiCaprio et al., 2009). The present-day position of this depth anomaly is aligned with 324	
the Australian-Antarctic Discordance (cf. Whittaker et al., 2010).  325	
Stratigraphic record of continental margins 326	
In addition to continental interiors, some methods have been developed to 327	
estimate dynamic topography in areas that have undergone recent tectonic deformation. 328	
For instance, post-rift anomalous subsidence, the difference between observed post-rift 329	
thermal subsidence and that predicted by an analytic model of lithospheric cooling, has 330	
been attributed to dynamic topography on the Queensland Plateau on the northeastern 331	
margin of Australia (Müller et al., 2000), in the South China Sea (Xie et al., 2006), 332	
between New Zealand and Antarctica (Sutherland et al., 2010), and at the New Jersey 333	
margin (see discussion).   334	
Constraints on long-term dynamic uplift 335	
The previous section shows that the stratigraphic record is a powerful constraint 336	
on dynamic topography in areas that have experienced long-term subsidence, especially 337	
in areas where long-term subsidence has been followed by uplift.  Different methods are 338	
required to estimate dynamic topography in areas experiencing long-term dynamic uplift, 339	
with southern Africa being a well-known example.  Both the timing and amplitude of 340	
uplift are generally difficult to constrain (Gurnis et al., 2000), due to the poor 341	
preservation potential in elevated areas and to the large uncertainty of paleo-altimetry 342	
proxies, typically a few hundred meters.  As a result, dynamic uplift may be constrained 343	
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indirectly by estimating the timing and amplitude of rock uplift.  In this respect, 344	
thermochronologic methods allow the estimation of the amount of exhumation by 345	
constraining both the amplitude and timing of the cooling of uplifted rocks.  For instance, 346	
indirect estimates of vertical motions via thermochronology have been made for 347	
Eromanga Basin in Australia (Gallagher et al., 1994), the Slave Craton (Ault et al., 2009) 348	
and Kaapvaal Craton (Flowers and Schoene, 2010) using apatite (U–Th)/He (AHe) or 349	
apatite fission-track (AFT) thermochronology.  One limit of thermochronologic methods, 350	
however, is the non-uniqueness of thermochronologic modeling (Redfield, 2010), which 351	
underlines the need to complement it with other, independent, observations (Green et al., 352	
2011).  353	
A recent approach to constraining dynamic uplift consists in “inverting” 354	
topographic river profiles by parameterizing erosion in both time and space (Pritchard et 355	
al., 2009), which is somewhat different from conventional geomorphology in which uplift 356	
is parameterized to estimate erosion.  This method, which has been used to estimate the 357	
uplift of the Bié dome, Angola over the last 40 Myr (Pritchard et al., 2009). In this case, 358	
the method constrains the uplift history of single watersheds over ≤ 1,000 km and 359	
≤ 30 Myr, and is thus complementary to the stratigraphic and thermochronological 360	
records that provide information over longer time scales and larger spatial extents.  An 361	
alternative method is that of Guillaume et al. (2009), who estimated the tilt of Miocene 362	
terraces to estimate the Neogene uplift of central and Eastern Patagonia, possibly due to 363	
the opening of a slab window.  The main difficulty of this method is the dating of 364	
terraces.  365	
 366	
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Geological expressions and models of short-wavelength dynamic topography 367	
Mantle-driven dynamic processes may also affect topography at shorter 368	
wavelengths (100 km to a few hundred kilometers).  A major challenge when studying 369	
dynamic topography at such wavelengths is to isolate the signal from the contributions of 370	
isostasy and elastic flexure that have similar, kilometer-scale, amplitudes. The most vivid 371	
expression of dynamic topography is found in oceanic trenches that are typically 372	
< 200 km wide yet several kilometers deep (Husson et al., 2012; Zhong and Gurnis, 373	
1994).   374	
Delamination and convective instability of the continental lithosphere are short-375	
wavelength dynamic processes with the potential for a strong topographic expression. A 376	
compelling empirical case is that of the renewed uplift of the southern Sierra Nevada 377	
Mountains since the mid-Pliocene (Clark et al., 2005) and localized subsidence within the 378	
adjacent Great Valley (Saleeby et al., 2012), which has been related to instability of the 379	
continental lithosphere evident in a prominent high seismic velocity anomaly that extends 380	
from the base of the crust to about 200 km depth (Boyd et al., 2004; Zandt et al., 2004). 381	
Other examples of vertical motions associated with continental lithospheric instability 382	
include Quaternary uplift in Baja, California (Mueller et al., 2009), Late Cenozoic uplift 383	
of the Willowa Mountains in eastern Oregon, U.S.A. (Hales et al., 2005), and uplift of 384	
Miocene marine sediments in the Central Anatolian Plateau, Turkey (Cosentino et al., 385	
2012). 386	
Smaller-scale modes of convection may influence surface topography. A 387	
prominent mode evident in models of mantle convection are small, low amplitude 388	
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instabilities that travel along the base of the cold, top thermal boundary layer of mantle 389	
convection (e.g. Huang et al., 2003). Such traveling convective instabilities might be 390	
responsible for vertical motions on a 2-20 Myr time scale evident in sequence 391	
stratigraphic analysis of passive continental margins (Petersen et al., 2010).  This raises 392	
the possibility that such localized small-scale convection could be responsible for high 393	
frequency, second to third-order sea level fluctuations. Whether the second and third-394	
order sea level changes evident on passive margins are global or local is controversial 395	
(e.g. Hallam, 1992; Lovell, 2010). The upwarped edges of the Colorado Plateau in the 396	
western United States, as well as the localization of late Neogene–Quaternary magmatism 397	
and steep upper-mantle seismic velocity gradients, are potentially indicative of this mode 398	
of sub-lithospheric, small-scale convection (van Wijk et al., 2010). 399	
Although the uplift and high elevation of the Colorado Plateau (e.g. Flowers, 400	
2010) has been interpreted as part of the overall long-wavelength Cenozoic uplift of the 401	
western U.S. (see above), it might be viewed as a shorter wavelength component of 402	
dynamic topography. The vertical motions evident from uplift of Mesozoic marine strata, 403	
unroofing from low-temperature thermochronology (Flowers et al., 2008) and 404	
reorganizations of drainage patterns (Wernicke, 2011) might be associated with a long 405	
wavelength signal associated with the removal of the negatively buoyant Farallon slab 406	
(Liu and Gurnis, 2010) or with the upwelling or warm mantle that extends from the top of 407	
the lower mantle into the upper mantle (Moucha et al., 2008b, 2009), or with a 408	
combination of both processes. 409	
Locations of active hotspot volcanism correspond to swells of residual topography 410	
that have a wavelength of several hundred kilometers and an elevation < 2 km (Crosby 411	
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and McKenzie, 2009; Crough, 1983).   The surface expression of mantle plumes likely 412	
extends beyond this main swell.  For instance, lateral magmatic underplating and pulses 413	
of hot material in the asthenosphere associated with the Iceland plume have been 414	
proposed to explain transgression and regression patterns over < 10 Myr observed in the 415	
North Atlantic (Lovell, 2010).  A Palaeocene–Eocene landscape off the northwest coast 416	
of Europe was recently reconstructed using a three-dimensional seismic dataset on the 417	
continental shelf north of Scotland (Hartley et al., 2011; Shaw-Champion et al., 2008). 418	
Data suggest that this landscape was lifted above sea level in a series of three discrete 419	
steps of 200–400 m each, and that it was reburied after ~ 1 Myr of subaerial exposure, 420	
which points to transient uplift and subsidence. These transient vertical motions have 421	
been interpreted as a pulse of warm asthenosphere that moves in a thin low viscosity 422	
channel radially away from the Iceland plume (Rudge et al., 2008). 423	
 424	
MODELING LONG-WAVELENGTH DYNAMIC TOPOGRAPHY 425	
Several approaches have been developed to model regional and global dynamic 426	
topography, including models that only consider the present day (instantaneous models), 427	
if they consider the time domain at all, time-dependent models, and either a forward or 428	
inverse matching of present-day mantle structure. In addition, there has been a variety of 429	
studies which have looked at generic issues associated with the physics of dynamic 430	
topography and their connection with the rock record (Burgess and Gurnis, 1995; 431	
Mitrovica and Jarvis, 1985).  Models either use or predict present-day quantities (such as 432	
the geoid, mantle seismic structure, surface and/or core-mantle boundary dynamic 433	
topography, the rate of change of surface topography, and plate motions) to infer mantle 434	
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properties.  Inverse models and models that use data assimilation can be compared to 435	
fewer observations since assimilated data cannot be used to validate the models.  This 436	
section constitutes an overview of a number of regional and global scale models of 437	
dynamic topography, including their strengths and limitations (Table 2), while also 438	
looking at some generic issues associated with how physical properties influence 439	
dynamic topography, time-dependence of dynamic topography and its connection to the 440	
stratigraphic record. 441	
Instantaneous flow models of present-day dynamic topography 442	
Dynamic topography, h, is the deflection of the earth’s surface in response to the 443	
normal stresses arising from flow in the mantle, or 444	
𝜎!! = ∆𝜌𝑔ℎ  (1) 445	
where 𝜎!! is the total normal stress at the level surface of mantle flow model (in which an 446	
otherwise free surface would be deflected by h), ∆𝜌 the density difference between the 447	
mantle and either air or water, and g the acceleration due to gravity. Pekeris (1935) was 448	
first to point out that surface deformation should result from mantle convection. He 449	
advanced a hypothesis of thermal convection in Earth’s interior, and pointed out that the 450	
surface of the convecting mantle would be pushed upwards over rising currents and 451	
pulled downwards over sinking currents, later verified by numerous numerical studies 452	
(e.g. McKenzie et al., 1974). In order to link mantle structure, flow, the geoid and surface 453	
topography, Parsons and Daly (1983), Ricard et al. (1984) and Richards and Hager 454	
(1984) developed analytical solutions, essentially Green’s function solutions, for viscous 455	
	 21	
flow in either Cartesian or spherical domains with simply layered viscosities.  This idea 456	
can be expressed as 457	
ℎ = 𝐶∆𝑇  (2) 458	
where ∆𝑇 is a temperature scale and C is a function of depth that specifies the depth 459	
distribution of temperature (density variations) and lateral and radial variations in 460	
viscosity.  C is not dependent on the absolute value for viscosity, as first demonstrated by 461	
Morgan (1965).  An example of the dependence of C on depth, or normalized surface 462	
deformation “kernel”, is given in Fig. 3 for a case of the analytical model of Hager and 463	
Clayton (1989) in which mantle viscosity is radially distributed in four layers (𝜂lith = 10; 464	
𝜂asth = 1/30; 𝜂UM = 1; 𝜂LM = 1). The kernels show the efficiency with which density 465	
heterogeneities induce dynamic topography decreases with depth, and that this effect is 466	
more pronounced at shorter wavelengths (Fig. 3).  The surface deformation kernel 467	
depends on the assumed viscosity structure.  The strong decrease of the deformation 468	
kernels with increasing wavenumber results from the combined effect of a low viscosity 469	
asthenosphere below the lithosphere and then the subsequent increase in viscosity with 470	
increasing depth from the upper mantle through the transition zone and into the lower 471	
mantle (Hager and Clayton, 1989), a common feature of proposed mantle viscosity 472	
structures (Mitrovica and Forte, 2004; Paulson et al., 2007; Steinberger and Calderwood, 473	
2006). 474	
 Hager (1984) used the approach given by Eq. 2 with a thermal model of slabs 475	
consistent with Benioff zone seismicity and the observed geoid to constrain a minimum 476	
30-fold increase of viscosity from the upper to lower mantle. The approach was then 477	
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elaborated on using a mantle density structure scaled from global seismic tomography 478	
inversions (Hager et al., 1985), arguing that chemically stratified mantle convection could 479	
be ruled out because it produced a pattern of dynamic topography with broad subsidence 480	
over Africa.  To fit the observed geoid, Hager et al. (1985) revised the minimum viscosity 481	
increase from upper to lower mantle to a factor of 10.  In contrast, Lithgow-Bertelloni 482	
and Silver (1998) fit the residual topography of southern Africa with the dynamic 483	
topography predicted by an instantaneous mantle flow model with a lower mantle 50 484	
times more viscous than the upper mantle.  These differences in best-fit mantle viscosity 485	
structures are not surprising considering that the two flow models are based on different 486	
tomography models and that Hager et al. (1985) included all seismic-velocity anomalies 487	
as density anomalies in their calculation of surface dynamic topography whereas 488	
Lithgow-Bertelloni and Silver (1998) calculated the surface dynamic topography 489	
resulting  from density heterogeneities below 325 km depth. 490	
 Steinberger (2007) and Conrad and Husson (2009) derived the global dynamic 491	
topography predicted by instantaneous numerical mantle flow models (Fig. 4B and 4D).  492	
These two models, hereafter referred to as S07 and CH09, are broadly similar in that they 493	
are based on a mantle density structure derived from S-wave tomography with the 494	
assumption that all lateral variations in seismic velocities are thermal, while ignoring 495	
density contrasts in the uppermost mantle (220 km in S07; 300 km in CH09).  Important 496	
differences between these two models include the tomographic inversion, the scaling 497	
factor to convert seismic velocity to density anomaly, the surface velocity boundary 498	
conditions and the viscosity structure.  In addition, S07 is a semi-analytical model using a 499	
spherical harmonics approach (Hager and O'Connell, 1979) with a horizontal resolution 500	
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of ~ 650 km whereas CH09 is a numerical model using a finite-element approach, 501	
CitcomS (Zhong et al., 2000), with a horizontal resolution of ~ 100 km.  These 502	
differences illustrate the large number of free parameters and boundary conditions 503	
inherent to mantle flow models.  504	
Despite the major differences between these two models, the present-day dynamic 505	
topography fields they predict are overall similar (Figs. 4B and 4D), and compatible with 506	
proposed residual topography fields (Fig. 1).  Both predicted dynamic topographies show 507	
highs within the Pacific, and southern and eastern Africa. The main dynamic topography 508	
lows extend under Central and South America, and from Australasia to eastern Europe 509	
with a minimum under southeast Asia. The main differences in terms of patterns are the 510	
dynamic topography lows in the central South Atlantic, in northwest Africa and in the 511	
eastern US predicted by S07 but not by CH09.  All three of these dynamic topography 512	
lows are observed in residual topography fields (Fig. 1), although the amplitudes are 513	
substantially larger in S07 compared to the CH09 and residual fields (Fig. 1).  In addition, 514	
neither S07 nor CH09 reproduces the residual topography low in the northeast Pacific 515	
Ocean. 516	
An important difference between S07 and CH09 is the amplitude of the calculated 517	
dynamic topography (Table 1), which has been the subject of a long-standing debate (e.g. 518	
Gurnis, 1990).  The dynamic topography predicted by model S07 (CH09) presents a 519	
peak-to-peak amplitude of ± 3 km (± 1.5 km) and a root-mean-square amplitude of 520	
~ 0.9 km (~ 0.5 km; Table 1).  For comparison, the peak-to-peak amplitude of the 521	
residual topography fields shown in Fig. 1 is approximately ± 2 km, and their root-mean-522	
square amplitude ~ 0.5 km (Table 1).  Therefore, the dynamic topography predicted by 523	
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model CH09 (S07) is 25 % smaller (50 % larger) than that of residual topography.  The 524	
main parameters explaining the amplitude difference between the models are the scaling 525	
factor from seismic to density anomaly, greater in model S07, the depth above which 526	
density contrasts are ignored, 80 km shallower in S07, and the low-viscosity 527	
asthenosphere present in CH09 and not in S07.  Steinberger (2007) showed that including 528	
the effect of phase transitions in such models only reduces the root-mean-square 529	
amplitude of dynamic topography by ~ 5%.  Other important effects to investigate 530	
include accounting for chemical heterogeneity when converting seismic velocity 531	
anomalies to density anomalies (Simmons et al., 2007) and the effect of lateral viscosity 532	
variations (Zhong and Davies, 1999).   At long wavelengths, lateral variations in viscosity 533	
might be small compared to the uncertainty of tomography models, but it is expected to 534	
be significant in time-dependent mantle flow models that are largely driven by the 535	
evolution of thermal heterogeneity (Moucha et al., 2007). 536	
Still focusing on instantaneous models, the rate of change of dynamic topography 537	
provides complementary constraints. Since dynamic topography depends on how fast 538	
mantle buoyancy moves in the mantle, Gurnis et al. (2000) showed that 539	
ℎ = !!
!
∆𝑇!
   
(3) 540	
where ℎ is the rate of change of dynamic topography, 𝐶′ is a constant related to C in Eq. 2 541	
and therefore to the distribution of buoyancy and viscosity, while 𝜂  is a reference 542	
absolute value of viscosity and ∆𝑇 is a temperature scale.  In other words, in contrast to 543	
just dynamic topography, which does not depend on the absolute viscosity (Morgan, 544	
1965), the rate of change does. These ideas were captured in a numerical model of global, 545	
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present-day mantle flow that forward predicted present-day uplift rates.  From models 546	
matching the constraints on uplift rate of southern Africa,   (Gurnis et al., 2000) argued 547	
that the mid-lower mantle was 0.2 % less dense than average - much less than would 548	
expected if shear velocities were solely governed by temperature - but with a viscosity 549	
increase of a factor of 10 from upper to lower mantle, which again shows that best-fit 550	
parameters vary largely between models. 551	
Time-integrated and time-dependent flow models of past and present-day dynamic 552	
topography 553	
The previous section shows that present-day dynamic topography can be 554	
estimated using the present-day density structure of the mantle as constrained by 555	
tomography models.  However, a major challenge in estimating the evolution of dynamic 556	
topography is that the past density structure of the mantle is not directly known. Several 557	
strategies using data assimilation have been developed over the last two decades to model 558	
the evolution of mantle flow and of dynamic topography.  These strategies include 559	
forward, backward and adjoint mantle flow models based on the history of subduction 560	
and plate motions given by global tectonic reconstructions, or on mantle tomography, or 561	
on a combination of both. 562	
Models of dynamic topography based on subduction history 563	
Analytical models.  564	
Present-day dynamic topography. Ricard et al. (1993) developed a time-565	
dependent analytical model of mantle flow in which subduction history (Lithgow-566	
Bertelloni and Richards, 1998; Lithgow-Bertelloni et al., 1993) was imposed over the last 567	
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200 Myr.  In this model, slabs are treated as “stokeslets” sinking vertically at a constant 568	
rate and slowing down as they enter the lower mantle, while neglecting thermal diffusion. 569	
The best-fit model of Ricard et al. (1993) to the observed geoid was obtained for a lower 570	
mantle 40 times more viscous than the upper mantle. This estimate based on a forward 571	
model is closer to the analytical result of Hager (1984; lower mantle 30 times more 572	
viscous than upper mantle) than the best-fit model to the geoid of  Hager et al. (1985) 573	
with a lower mantle only 10 times more viscous than the upper mantle.  Again, such 574	
variations in results are not surprising given the differences between the three approaches.  575	
The present-day dynamic topography predicted by the model of Ricard et al. (1993) is 576	
shown in Fig. 4C.  It has a minimum of -1.6 km, a maximum of ~ 600 m and a root-mean 577	
square amplitude of ~ 430 m (Table 1).  The skew of this dynamic topography field 578	
towards negative values is due to the model being driven by slabs, while the return 579	
mantle flow is entirely passive: negative dynamic topography is of larger amplitude and 580	
covers a smaller area than positive dynamic topography (Fig. 4C).  As a consequence, the 581	
amplitude of negative dynamic topography predicted by this model is about 20% smaller 582	
than negative residual topography (Fig. 1), whereas positive dynamic topography is only 583	
30% of positive residual topography. In terms of spatial distribution, the dynamic 584	
topography lows predicted by the forward model of Ricard et al. (1993) under 585	
Central/South America and southeast Asia match that predicted by the inverse models of 586	
Steinberger (2007) and  Conrad and Husson (2009).  However, the dynamic topography 587	
low under the Gulf of Alaska and Bering Sea predicted by Ricard et al. (1993) is not 588	
predicted by inverse models, and it is only observed in one of the four residual 589	
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topography fields (Fig. 1), which suggests an overestimation of the amount of subducted 590	
material in that area in the plate model used by Ricard et al. (1993).  591	
Evolution of dynamic topography. Gurnis (1993a) developed time-dependent 592	
models of mantle flow based on the analytical formulation proposed by Richards and 593	
Hager (1984) using the Phanerozoic subduction history of Scotese et al. (1993) to 594	
investigate the influence of dynamic topography and its time derivative on continental 595	
flooding.  This study revealed that a significant part of the observed Phanerozoic 596	
continental flooding could be attributed to dynamic subsidence above active subduction 597	
zones, suggesting that dynamic topography affects global sea level change at long 598	
wavelengths, and therefore that Phanerozoic stratigraphy can be used to constrain mantle 599	
flow.  Building on this approach, Lithgow-Bertelloni and Gurnis (1997) used a series of 600	
five instantaneous global flow models throughout the Cenozoic to reproduce the overall 601	
observed trend of flooding and exposure of North America,  Australia and Indonesia, 602	
although the amplitude of model uplift and subsidence were greater than that inferred 603	
from stratigraphic constraints. 604	
 Forward numerical models. Gurnis et al. (1998) developed numerical regional 605	
mantle convection models with imposed plate kinematics to investigate the evolution of 606	
the dynamic topography of the Australian plate since the Cretaceous.  Gurnis et al. (1998) 607	
used the location of subduction taken from plate reconstructions (Müller et al., 1997) to 608	
build a synthetic initial temperature field for their forward models.  They reproduced the 609	
regional Cretaceous flooding of Australia deduced from paleo-geographic reconstructions 610	
in which it had long been known that eastern Australia achieved peak flooding with 611	
shallow marine seas about 20 million earlier than inferred peak global sea level (see 612	
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above; Veevers and Conaghan, 1984). Essentially, in the Early Cretaceous Australia 613	
drifted eastward over the long-lived subduction zone bounding Gondwanaland, which 614	
caused widespread marine inundation in the central and eastern part of the continent. 615	
Sediments filled the accommodation space as the continent slowly rose following 616	
termination of subduction such that when global sea level peaked in the Late Cretaceous 617	
there was no remaining accommodation space, resulting in an absence of any major 618	
inundation.  Gurnis et al. (1998) also showed that the position and history of the equally 619	
anomalous Australian-Antarctic Discordance (AAD; Fig. 1), a prominent present–day 620	
north-south residual topography low, could also be fit with the same model. The study is 621	
notable for two reasons. First, this rather straightforward computational approach linking 622	
plate tectonics and thermal convection showed that an entire cycle of dynamic 623	
topography could be followed from subsidence to uplift.  As we shall see, most other 624	
regional applications can only follow part of the entire history (either the subsidence or 625	
the uplift phase).  This is not a criticism of modeling methods, but reflect fundamental 626	
limitations of the geological record.  In addition, the study reinforced the need to follow 627	
the history of vertical motions in the plate frame of reference, that is tracking the history 628	
of a point on a plate that moves with respect to the mantle. This is essential for the 629	
detailed comparison of models to geological proxies of vertical motions.   630	
DiCaprio et al. (2010) tracked the evolution of dynamic topography for the 631	
Australian plate in a kinematically-driven forward model with assimilation of plate 632	
velocities in one million year increments in which a high-resolution regional model was 633	
embedded in a global model.  This model, starting at 50 Ma with subduction zones 634	
inferred from plate reconstructions, reproduced the observed fast Neogene subsidence of 635	
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the Australian northeast shelf that would have contributed to the demise of carbonate 636	
reefs (DiCaprio et al., 2010).  DiCaprio et al. (2010) were also able to exploit new paleo-637	
geographic tools that allowed the plate boundaries to smoothly evolve (Gurnis et al., 638	
2012), essential for time-dependent convection models.  Zhang et al. (2012) proposed a 639	
kinematically-driven forward model extending back to 450 Ma and of average global 640	
surface resolution ~ 100 km.  The plate reconstruction used in this model consists of 34 641	
stages over the last 450 Ma, and the initial condition was obtained by running the first 642	
reconstruction stage for 150 Myr.  The vertical motions predicted by this model for the 643	
Kaapvaal and Slave Cratons were in agreement to the first-order with the burial histories 644	
predicted by thermochronology models. 645	
A new model. We introduce a forward model in which we assimilate the thermal 646	
and kinematic field associated with plate reconstructions (Seton et al., 2012) with 647	
continuously closing plates (Gurnis et al., 2012) prepared using the software GPlates 648	
(Boyden et al., 2011).  This model is essentially the extension of the approach of Ricard 649	
et al. (1993), Lithgow-Bertelloni et al. (1993) and Lithgow-Bertelloni and Richards 650	
(1998) to “a full three-dimensional convection problem constrained by plate motions” 651	
(Ricard et al., 1993).  The velocity field of plate reconstructions is continuously imposed 652	
as surface boundary condition by linear interpolation between reconstruction stages 653	
defined every million year.  The temperature field of the oceanic lithosphere is 654	
assimilated using paleo-oceanic ages (Seton et al., 2012) and the half-space cooling 655	
model (e.g. Davis and Lister, 1974).  One limitation of global mantle convection models 656	
with imposed plate velocities is that they result in substantial advective thickening of 657	
slabs instead of well-defined one-sided subduction (Table 2). To overcome this 658	
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limitation, we assimilate the temperature field in the proximity of the subduction zones 659	
given by the plate reconstructions.   The thermal structure of slabs is derived from the age 660	
of the subducting lithosphere using a half-space cooling formulation and assuming a slab 661	
dip angle of 45º. This analytical solution is assimilated in the dynamic model within 662	
350 km of subduction zones using a blending function. In addition, we ensure that 663	
subduction zones appearing during the model are progressively inserted into the upper 664	
mantle. The method, ensures that the slab buoyancy flux in the upper mantle is consistent 665	
with the plate reconstructions, and avoids unrealistic slab advective thickening (Bower et 666	
al., in preparation).  The model, solved using CitcomS (Zhong et al., 2000), consists of 667	
12 x 1283 elements and presents an average surface resolution of ~ 50 km. The initial 668	
condition (at 200 Ma) consists of a global temperature field (non-dimensional 669	
background of 0.5) with cold slabs inserted to a depth of 1750 km and an assimilated cold 670	
surface thermal boundary layer as described above (see Zahirovic et al., 2012 for a cross-671	
section of the initial condition under the Tethys). The temperature-dependence of 672	
viscosity is implemented using an Arrhenius law with activation energy of 100 kJ/mol 673	
(33 kJ/mol) in the upper (lower) mantle, which limits viscosity variations to two orders of 674	
magnitude, and in our reference case the lower mantle reference viscosity is 100 times 675	
larger than that of the upper mantle (see Zahirovic et al., 2012 for the resulting viscosity 676	
profile).  The surface dynamic topography is computed by restarting the calculation every 677	
5 Myr with no-slip surface boundary conditions to suppress the effect of the surface 678	
traction imposed by plate velocities (see Thoraval and Richards, 1997 for a discussion of 679	
the effect of model boundary conditions on predicted dynamic topography) and  after 680	
removing the uppermost 350 km of the mantle, depth to which subduction zones are 681	
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assimilated. 682	
The resulting present-day dynamic topography field (Fig. 4A), broadly similar to 683	
that of Ricard et al. (1993; Fig. 4D), has a degree-two pattern with a belt of low dynamic 684	
topography extending from Antarctica through the Americas to the Arctic and broadening 685	
beneath the whole Eurasian continent.  In this subduction-driven model, the dynamic 686	
topography highs correspond to passive upwelling under the Pacific Ocean, southern 687	
Africa and the Atlantic Ocean.  This dynamic topography field is in overall agreement 688	
with the residual topography in terms of pattern (Fig. 1) and amplitude (between -2.2  km 689	
and +1.6 km; Table 1).  Although the mean dynamic topography is zero, the modeled 690	
highs have lower amplitude than lows because upwelling is passive. The model features 691	
dynamic topography lows under central Europe, eastern North America, and western 692	
South America, and a dynamic topography high under southern Africa, all evident in the 693	
residual topography (Fig. 1).  The dynamic topography under the Argentine Basin and the 694	
western United States has the expected sign but its amplitude is lower than expected.  The 695	
AAD is also of lower amplitude than residual topography, and it is shifted to the west.  696	
This discrepancy is tempered by the fact that only about half the excess depth of the AAD 697	
is likely dynamic, the rest being due to thin oceanic crust within the AAD (Gurnis et al., 698	
1998; Whittaker et al., 2010).  In addition, the positive dynamic topography predicted 699	
under the Northeast Pacific Ocean is at odds with the large-scale, low-amplitude residual 700	
topography low (Fig. 1).  Finally, the residual topography highs associated with plumes 701	
in eastern Africa, the western Pacific (Darwin Rise) and Iceland are not reproduced by 702	
the model that only captures large-scale, passive mantle upwelling.  703	
 704	
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Time-dependent models of dynamic topography based on mantle-tomography 705	
Backward advection.  In order to investigate the time-dependence of mantle flow 706	
and dynamic topography, a natural extension of instantaneous flow models consists of 707	
backward advecting the mantle density structure derived from tomography.  The process 708	
essentially consists in changing the sign of gravity in the momentum equation and setting 709	
the non-reversible thermal diffusivity to zero in the energy equation (Steinberger and 710	
O'Connell, 1997).  Some caution is needed since the method accumulates light material at 711	
the core mantle boundary, and dense material towards the surface, which results in a 712	
decrease of information on the density structure of the mantle back in time.   A further 713	
limit of backward advection is that thermal diffusion cannot be simply reversed (Ismail-714	
Zadeh et al., 2004).  However, simple backward integration is adequate for long 715	
wavelengths where advection dominates over diffusion. The first study to model dynamic 716	
topography using this approach was that of Conrad and Gurnis (2003) who proposed that 717	
the dynamic topography high currently located under southern Africa migrated from 718	
eastern Africa over the last 36 Ma. They also pointed out the importance of thermal 719	
boundary layers in the backward advection process, and used a half-space cooling model 720	
to assimilate oceanic ages in the top thermal boundary layer.  This backward advection 721	
scheme, in which plate velocities are also assimilated, was reversible for ages up to 722	
between 50 and 75 Ma (Conrad and Gurnis, 2003). 723	
Moucha et al. (2008a) estimated dynamic topography both at the surface, following the 724	
definition of Forte et al. (1993), and beneath the lithosphere, similarly to the definition 725	
used here, from a backward advection model in which data were assimilated in several 726	
ways.  Firstly, the tomography model used by Moucha et al. (2008a) is a hybrid 727	
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tomography/instantaneous mantle flow model that assimilates free-air gravity anomaly, 728	
the “residual” topography field corrected for the isostasy of the crust, present-day plate 729	
velocities from DeMets et al. (1990), and the excess ellipticity of the core-mantle 730	
boundary (Simmons et al., 2007).  Secondly, the viscosity profile is constrained using the 731	
same convection related observables as above, as well as data related to glacial isostatic 732	
adjustment (Mitrovica and Forte, 2004).  Thirdly, although plate motions are predicted by 733	
the flow rather than driving the flow in the formulation of Moucha et al. (2008a), mantle 734	
flow is backward advected using boundary conditions consistent with a no-net-rotation 735	
tectonic plate model.   Aside from the data assimilation, the model of Moucha et al. 736	
(2008a) does not seem to include any specific treatment of thermal boundary layers, 737	
important in backward mantle advection schemes (Conrad and Gurnis, 2003), nor of 738	
lateral viscosity variations or temperature-dependence of viscosity, important in time-739	
dependent flow models (Moucha et al., 2007).  Based on this model, Moucha et al. 740	
(2008a) proposed that the New Jersey margin has been dynamically uplifted by 100-741	
200 m over the last 30 Myr, and its conjugate margin in northwest Africa has been 742	
uplifted by ~ 100 m during the same period.  The important consequence of this work is 743	
that sea level curves derived from the well-documented stratigraphy of the New Jersey 744	
margin (Miller et al., 2005; Watts and Thorne, 1984) likely contain a dynamic component 745	
and cannot be used alone to derive eustatic sea level curves. We will return to how 746	
different models fit the New Jersey constraint in the Discussion.  747	
Adjoint models. To overcome the shortcoming of backward advection in dealing 748	
with conductive thermal boundary layer, adjoints of the governing equations can be 749	
introduced (Bunge et al., 2003; Ismail-Zadeh et al., 2004; Liu and Gurnis, 2008).  The 750	
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method consists in refining the assumed initial condition by iteratively solving the 751	
forward and backward adjoint and minimizing a cost function (in this case between 752	
seismic tomography and forward predicted temperature).  The main advantage of this 753	
method is that it uses a forward solution of the coupled equations of motion and energy 754	
while converging upon the known tomographic structure.  A significant limitation is the 755	
computational cost as a single inversion requires multiple forward and adjoint solutions 756	
of the equations and is substantially more expensive than a backward run (Bunge et al., 757	
2003; Table 2).   758	
 Liu et al. (2008) and Spasojevic et al. (2009) used a variant of this method to 759	
constrain mantle properties finding adjoint models (starting from present day seismic 760	
tomography) that best fit the flooding history of North America (Fig. 5A).  In these 761	
models, the mantle structure is scaled from shear wave seismic tomography (Grand, 762	
2002) between 250 km and 2,400 km depth, and the plate velocities of continuously 763	
closing plates (Gurnis et al., 2012). In addition, the flat-lying, continuous Cretaceous 764	
Farallon slab could only be backward advected (Fig. 5C) by imposing a viscous stress 765	
guide (Liu et al., 2008; Spasojevic et al., 2009).  The dynamic topography (Fig. 5B) and 766	
its rate of change where used to predict the spatial pattern of marine inundation (Fig 5A). 767	
This was then compared to the observed flooding in the western interior seaway and to 768	
subsidence rates deduced from borehole data, respectively. The scaling factor between 769	
mantle tomography and density structure was constrained by minimizing the misfit 770	
between the amplitude of observed and predicted subsidence.  The viscosity of the upper 771	
mantle was constrained by minimizing the misfit between observed and predicted rates of 772	
subsidence.  The best fit between model output and subsidence-related observables was 773	
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obtained for an upper mantle reference viscosity of 1×1021 Pa s and a lower mantle 774	
reference viscosity of 1.5×1022 Pa s (Liu et al., 2008; Spasojevic et al., 2009). 775	
Significantly, the inferred upper mantle viscosity is within the range inferred from 776	
postglacial rebound studies (Cathles, 1975; Mitrovica and Forte, 2004). Finally, the best 777	
fitting model from (Liu et al., 2008) successfully reproduced the observed craton-ward 778	
migration of the prominent depocenter within the Cretaceous section of the interior of 779	
North America (Fig. 2C-F).   780	
 Hybrid models.  Spasojevic and Gurnis (in press) recently proposed a hybrid 781	
formulation in which the density structure of the lower mantle is entirely derived from 782	
backward advection of a seismic tomography model, whereas in the upper mantle the 783	
positively buoyant anomalies are backward advected from seismic tomography and the 784	
negatively buoyant subduction zones are imposed from tectonic reconstructions and 785	
oceanic ages (Müller et al., 2008a). Spasojevic and Gurnis (in press) carried out a series 786	
of forward instantaneous flow models, hereafter referred to as SG12, from 90 Ma in 10 787	
Myr increment based on these density structures.  They compared the predicted change in 788	
global dynamic topography for several models with different viscosity structures to the 789	
uplift and subsidence maps deduced from paleo-geographic reconstructions (Blakey, 790	
2008; Smith et al., 1994) and noted that different models compare best to data in different 791	
areas and suggested that the radial viscosity structure of the mantle is not laterally 792	
uniform. 793	
This dynamic topography field of Spasojevic and Gurnis (in press; Fig. 4E) is 794	
similar to that proposed by Conrad and Husson (2009) which is expected since model 795	
CH09 is instantaneous and model SG12 carries no information from the past to the 796	
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present. Both models are also based on the same tomography model, S20RTS.   The main 797	
difference between the two models is the amplitude of dynamic topography lows that is 798	
~ 1.5 times larger in the model of Spasojevic and Gurnis (in press), which reflects (i) that 799	
the uppermost 300 km of the mantle have been ignored in CH09 whereas the 250 km 800	
uppermost km have been removed in SG12 and (ii) that the scaling factor to convert 801	
seismic velocity anomaly to density anomaly is depth-independent and equal to 802	
0.15 g cm-3 km–1 s in CH09 whereas it varies with depth between 0.05 and 0.3 g cm-3 km–803	
1 s in SG12.  804	
 805	
DISCUSSION 806	
Comparison between present-day global residual and dynamic topography 807	
The good first-order agreement between four global residual topography fields 808	
(Fig. 1), derived independently and based on different assumptions, is encouraging.  The 809	
most prominent and robust residual topography features are (i) the lows extending from 810	
central Europe to southeast Asia, from eastern North America to western South America, 811	
the Australian-Antarctic Discordance (AAD), the Argentine Basin, and (ii) the highs 812	
under southern and eastern Africa, Iceland and the Darwin Rise. 813	
The global dynamic topography predicted by five numerical mantle flow models 814	
(Fig. 4), based on two distinct methods and a hybrid of those, are also in overall 815	
agreement with each other, and with the residual topography (Fig. 1).  All of these 816	
dynamic topography fields, with the exception of Steinberger (2007), are to some extent 817	
skewed towards negative values (Table 1), reflecting that negative dynamic topography 818	
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anomalies are larger in amplitude but cover smaller areas than positive dynamic 819	
topography anomalies (since the mean of each field is zero).  The wavelength of model 820	
dynamic topography is overall larger than that of proposed residual topographies (Fig. 1).  821	
The model of Steinberger (2007), based on a compilation of mantle tomography models, 822	
presents shorter wavelengths than models by Conrad and Husson (2009) and Spasojevic 823	
and Gurnis (in press) based on S20RTS (Ritsema et al., 2004) (Fig. 4).  For instance, the 824	
dynamic topography high under Iceland and the Azores (Conrad et al., 2004) is distinct in 825	
the model of Steinberger (2007), subdued in the model of Conrad and Husson (2009)  and 826	
absent in Spasojevic and Gurnis (in press) (Fig. 4).  Dynamic topography lows in the 827	
equatorial South Atlantic ocean are only captured by the model of Steinberger (2007) 828	
albeit with a larger amplitude than suggested by residual topography. With more robust 829	
processing techniques, especially with full waveform seismic tomography, future mantle 830	
tomography models will improve our understanding of global dynamic topography down 831	
to ~ 1,000 km scale, whereas present global studies are limited to a resolution of ~ 3,000-832	
5,000 km (Fig. 4). 833	
Both synthetic time-dependent forward mantle flow models (Figs. 4A and C) and 834	
instantaneous models based on mantle tomography (Figs. 4B, D and E) predict dynamic 835	
topography lows under the continents, with the notable exception of Africa south of the 836	
equator and of western North America (out of the five models only that of Ricard et al. 837	
(1993) does not predict positive dynamic topography for western North America).  838	
Interestingly, all mantle flow models predict a dynamic topography low under southeast 839	
Asia that is more pronounced than suggested by residual topography studies, and negative 840	
dynamic topography along the east coast of Asia where the residual topography is 841	
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positive (Figs. 1 and 4).  One limit to constraining residual topography in southeast Asia 842	
and along the east coast of Asia is the small extent of oceanic crust, limited to the South 843	
China, Sulu, Celebes and Banda Seas in southeast Asia and to the Sea of Japan and 844	
southernmost Sea of Okhotsk along the east coast of Asia (see COB contours in Fig. 1A).  845	
Because we have assigned a uniform elevation of - 200 m to areas between oceans and 846	
continents, our proposed residual topography features a regional residual topography low 847	
in southeast Asia and along the east coast of Asia (Fig. 1A) whereas other studies  848	
(Figs. 1B, C and D) in which these areas are treated as continental suggest positive 849	
residual topography in the Gulf of Thailand, Borneo and the east coast of Asia.  The 850	
consistency of the dynamic topography low under southeast Asia and the east coast of 851	
Asia in both instantaneous flow models (Figs. 4B, D, and E) and forward mantle flow 852	
models (Figs. 4A, and C) suggests that the seismically fast mantle is reproduced by 853	
forward models.  Given the poor control on residual dynamic topography in these 854	
regions, dynamic topography models for south and east Asia should be compared to time-855	
dependent observables (e.g. Xie et al., 2006) and to mantle tomography in the case of 856	
synthetic forward models. However, southeast Asia is the region with the largest extent of 857	
shallow marine seas and such shallow seas are strongly correlated with predicted present-858	
day dynamic topography lows (Gurnis, 1993b). 859	
 All mantle flow models predict positive dynamic topography for the entire Pacific 860	
Ocean (Fig. 4), at odds with residual topography studies that consistently predict a large-861	
scale, low-amplitude low in the northeast Pacific (Fig. 1).  An anti-correlation between 862	
residual gravity and residual topography is known for this region (Crosby and McKenzie, 863	
2009), which suggests a dynamic origin for the residual topography low, but there is no 864	
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fast seismic anomaly structure under the northeast Pacific (Crosby and McKenzie, 2009).  865	
Indeed, Spasojevic et al. (2010) attributed the gravity lows under the northeast Pacific to 866	
mid- to upper-mantle upwelling above slab graveyards, thereby explaining the absence of 867	
large fast seismic velocity anomalies directly under this region and suggesting that the 868	
northeast Pacific could be presently uplifting.  Perhaps this is a region with negative 869	
residual topography that is experiencing dynamic uplift (on its way up after being drawn 870	
down).  Therefore, the mismatch between model dynamic topography and present-day 871	
residual topography in the northeast Pacific illustrates the limitation in using a snapshot 872	
of residual topography to constrain dynamic topography that occurs over time scales of 873	
several tens of million years. This underlines the concept that the time evolution of 874	
dynamic topography is arguably more important than its present day sign and amplitude, 875	
and therefore that quality time-dependent proxies should be favored as model constraints. 876	
Finally, the position of the AAD is well reproduced by instantaneous mantle flow 877	
models based on tomography (Figs. 4B, D, and E) but only at long wavelengths by 878	
forward models (Figs. 4A and C).  879	
 Consequences of dynamic topography for long-term sea level change 880	
 Arguably the most important consequence of dynamic topography studies is their 881	
influence on eustatic and relative sea level.  In this section, we first discuss the effect of 882	
global dynamic topography on global sea level and then turn to the regional effects of 883	
dynamic topography. 884	
 885	
 886	
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Global dynamic topography and global sea level change 887	
Changes in dynamic topography could have a first order influence on global sea 888	
level (Gurnis, 1992). Using a simple model of mantle flow associated with slabs, Gurnis 889	
(1993c) computed that the shifting motion of continents over the evolving long 890	
wavelength dynamic topography would give rise to a 100-200 m eustatic change with two 891	
highs in the mid-Paleozoic and late Mesozoic. Husson and Conrad (2006) developed a 892	
model based on boundary layer theory to propose that changes in dynamic topography 893	
associated with geologically rapid (≤ 20 Myr) changes in mean global tectonic velocities 894	
would only affect eustatic sea level by ~ 20 m, which is relatively small in comparison to 895	
eustatic changes of several hundred meters associated with changes in the age-896	
distribution of the ocean floor (e.g. Hays and Pitman, 1973; Müller et al., 2008b; 897	
Spasojevic and Gurnis, in press).  Husson and Conrad (2006) proposed that the dynamic 898	
effect of longer-term (108 yr) change in tectonic velocities on sea level could be of up to 899	
~ 80 m. 900	
 Extrapolating from the present-day rate of change of dynamic topography, Conrad 901	
and Husson (2009) considered the effect on eustasy of continental motion across dynamic 902	
topography gradients during the aggregation and dispersal of a supercontinent.  The most 903	
significant effect would occur during the dispersal phase, when fragments move away 904	
from the upwelling expected beneath a mature supercontinent (Coltice et al., 2007; 905	
Gurnis, 1988) towards dynamic topography lows associated with subduction zones.  906	
Conrad and Husson (2009) estimated that dynamic topography (Fig. 4D) currently 907	
triggers a net uplift of the ocean basins thereby contributing to a positive sea level offset 908	
of ~ 90 ± 20 m.  In addition, they carried out a 1-Myr-long forward model of mantle flow 909	
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based on the present-day mantle structure and plate motions to propose a current rate of 910	
sea level rise induced by dynamic topography of < 1 m/Myr.   911	
 Spasojevic and Gurnis (in press) simultaneously calculated dynamic topography, 912	
the shifting of present-day continental isostatic topography with the plates and the 913	
changing age-distribution of the ocean floor, while forcing the water load to fit the 914	
evolving geoid in a discrete series of ten instantaneous mantle flow models between 915	
90 Ma and present.  Based on these calculations, they estimated that sea level has risen by 916	
between ~ 110 m and ~ 270 m since 90 Ma because of global dynamic topography, 917	
including ~ 110-200 m caused by sea floor uplift and < 70 m due to continental 918	
subsidence.  Thus, dynamic topography influences global sea level by offsetting (by 919	
about one third) the decrease in sea level imposed by changes in the age-distribution of 920	
the ocean floor.  Dynamic topography should therefore not be neglected in studies of 921	
long-term global sea level change. In computational models, it is possible to create a 922	
global sea level curve by averaging the height of all continents with respect to sea level.  923	
Things are more complex in reality because large amplitude swings in dynamic 924	
topography could have a disproportionate influence on the stratigraphically inferred 925	
record of sea level change.  This is particularly true on a regional scale, at which both 926	
dynamic and tectonic topography often dominates the stratigraphic signal.  927	
Case Study: Has the New Jersey margin been dynamically uplifting or subsiding since 928	
the Cretaceous? 929	
Another important consequence of dynamic topography studies is that sea level 930	
curves defined at a single “stable” passive continental margin (or indeed at any location) 931	
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may not be representative of eustasy if the margin has been experiencing differential 932	
vertical dynamic motion.  The most prominent example is the sea level curve proposed by 933	
Miller et al. (2005) based on the careful backstripping of five wells from the New Jersey 934	
coastal plains which predicts a much smaller decrease in sea level since the Late 935	
Cretaceous than other global sea level curves (for details see Müller et al., 2008b; 936	
Spasojevic et al., 2008).  Recent dynamic topography studies all suggest that the New 937	
Jersey margin, although considered tectonically stable, has undergone significant vertical 938	
motions driven by mantle flow since the Late Cretaceous (Moucha et al., 2008a; Müller 939	
et al., 2008b; Spasojevic et al., 2008).  Based on their backward advection model 940	
described above, Moucha et al. (2008a) proposed that the New Jersey margin has been 941	
dynamically uplifting by ~ 100 to 200 m over the last 30 Ma.  In contrast, Spasojevic et 942	
al. (2008) argued for dynamic subsidence of the New Jersey margin by > 300 m since 943	
55 Ma, including ~ 100 to 200 m over the last 30 Ma, based on the adjoint model of Liu 944	
et al. (2008) described above.  Finally, Müller et al. (2008b) estimated that the New 945	
Jersey margin has subsided by 105 to 385 m since 70 Ma using backward advection 946	
models based on three different tomography models.  Müller et al. (2008b) considered 947	
two types of models: “pure” backward advection models and “modified” backward 948	
advections models in which upwellings are continued upward to 220 km depth and 949	
downwellings are removed from the uppermost 220 km.  For the last 30 Ma, their “pure” 950	
backward advection models predict between ~ 50 m and ~ 150 m of margin subsidence 951	
while their modified backward advection models predict between 0 and ~ 70 m of margin 952	
subsidence, and ~ 90 m of subsidence between 30 Ma and 8 Ma followed by 40 m of 953	
uplift since 8 Ma for the tomography model of Grand (2002).  954	
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Comparison between observed tectonic subsidence and predicted dynamic 955	
topography for well COST-B2.  To shed some light on this controversy, we focus on the 956	
tectonic subsidence history of the COST B-2 well offshore New Jersey (Scholle, 1977) 957	
that we compare to the evolution of dynamic topography predicted by published models 958	
and by the model presented in this study.   959	
Subsidence of well COST-B2.  Figure 6 shows the tectonic subsidence of well 960	
COST B-2 with respect to present-day obtained by backstripping the stratigraphy 961	
(courtesy M. Kominz) for two end-member cases of sea level change.  Well COST-B2 962	
shows a marked acceleration in post-rift subsidence at ~ 16 Ma (Fig. 6A; APPENDIX 1) 963	
that is also evident in strain rate inversion (Fig. 6B; APPENDIX 1) and anomalous 964	
subsidence (Fig. 6C; APPENDIX 1) analysis. In addition, both strain rate inversion and 965	
anomalous subsidence analysis reveal a phase of anomalous subsidence between 85 and 966	
15 Ma (Figs. 6B, 6C and 9).  The sign of this anomalous subsidence depends on the 967	
eustatic sea level curve used in backstripping, with changing (constant) sea level resulting 968	
in subsidence (uplift), respectively (Figs. 6C and 9). The hypothesis of constant sea level 969	
is difficult to reconcile with the growth of ice sheets that would have triggered a sea level 970	
drop by 54 m over the last 33 Myr (Miller et al., 2005), and with the increase in the 971	
volume of ocean basins that would have caused a sea level drop of at least 120 m since 972	
85 Ma (Müller et al., 2008a; Spasojevic and Gurnis, in press).  This suggests that well 973	
COST-B2 has been subsiding rather than uplifting over the last 85 Myr, which is in 974	
agreement with the subsidence of New Jersey paleo-shorelines by 50-200 m since the 975	
Eocene (Spasojevic et al., 2008).  Given the time scale (tens of Myrs), this anomalous 976	
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subsidence could result from dynamic subsidence induced by long-wavelength mantle 977	
flow.  978	
Comparison with the dynamic topography predicted by the model from this study.  979	
Figure 7 shows the evolution of dynamic topography predicted by our forward model at 980	
151 Ma, 100 Ma, 49 Ma, and present-day along with the coastlines and subduction zones 981	
reconstructed through time with respect to the mantle.  The predicted two-degree pattern 982	
of the dynamic topography field is stable through time, and in this subduction-driven 983	
model the main changes in dynamic topography are the location, width and amplitude of 984	
dynamic topography lows.  Well COST-B2 (Figs. 1, 4 and 7) is initially located over a 985	
dynamic topography high and drifts towards the broadening dynamic topography low 986	
associated with the old Farallon slab as North America drifts to the west (Figs. 7B and 987	
C).  Our model predicts that well COST-B2 is currently located on the northeast edge of a 988	
mild dynamic topography low (Fig. 7D), which is consistent with other dynamic 989	
topography models (Fig. 4) and in broad agreement with estimates of residual topography 990	
(Fig. 1), in which the topography low is more pronounced.  In contrast to well COST-B2, 991	
our model predicts that the synthetic well located on the conjugate margin in Western 992	
Sahara would have remained on a dynamic topography high since 200 Ma (Fig. 7).  For 993	
well COST-B2, the predicted evolution of dynamic topography shows an initial uplift by 994	
~ 150 m in two stages (200 - 170 Ma and 140 – 120 Ma), followed by 850 m of dynamic 995	
subsidence since 120 Ma (Fig. 8). This predicted dynamic subsidence of well COST-B2 996	
since 120 Ma is consistent with the anomalous strain and with the anomalous subsidence 997	
discussed above (Figs. 6 and 9). The model predicts 580 m of dynamic subsidence since 998	
85 Ma, which is ~ 30 % greater than the anomalous subsidence deduced from 999	
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backstripping using the sea level curve of Haq et al. (1987; Fig. 8; Appendix 1) and only 1000	
30 m of subsidence over the last 15 Ma, which is four to six times smaller than the 1001	
anomalous subsidence for that period (Fig. 9, Appendix 1).  As for the conjugate margin, 1002	
our model predicts that it was uplifted by 250 m from 200 Ma to 110 Ma and that is has 1003	
subsided by 170 m since 90 Ma (Fig. 8).  This predicted subsidence is five times less than 1004	
that of well COST-B2 (Fig. 8), which confirms that the margin of north west Africa has 1005	
not been subject to as much post-rift vertical motion as the New Jersey margin (Moucha 1006	
et al., 2008a).  Unfortunately, little data are available to estimate the vertical motions of 1007	
northwest Africa, particularly for the conjugate margin of New Jersey.  Nevertheless, the 1008	
subsidence of northwest Africa predicted by our models is to first-order compatible with 1009	
the marine transgression since 40 Ma deduced from paleo-geographic analysis for that 1010	
area (Spasojevic and Gurnis, in press) and with the moderate anomalous subsidence of 1011	
the central Atlantic margin in the Senegal Basin (Brun and Lucazeau, 1988).  In addition, 1012	
the relative vertical stability of northwest Africa above a dynamic topography high 1013	
predicted by our models is in agreement with the thin onshore Cenozoic stratigraphic 1014	
thickness (~ 70 m) of the Senegal Basin (e.g. Swezey, 2009). 1015	
The dynamic subsidence inferred over tens of Myrs for well COST-B2 and from 1016	
paleo-shoreline analysis in New Jersey appears to be in contradiction with recent uplift 1017	
reported further south on the east coast of North America (Rowley et al., 2011). Dowsett 1018	
and Cronin (1990) reported recent uplift along an Early Pliocene wave-cut scarp in South 1019	
Carolina and North Carolina (see Fig. 7 for location) that  Rowley et al. (2011) extended 1020	
from Georgia to Virginia.  Together, these studies suggest up to ~ 50-65 m of uplift since 1021	
~ 3.5-3.0 Ma over ~ 500 km in an area located several hundred kilometers south of well 1022	
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COST-B2.  The evolution of dynamic topography predicted by our model at one of the 1023	
sections reported by Dowsett and Cronin (1990) shown on Fig. 8 is overall similar to that 1024	
predicted for well COST-B2.  An important difference, however, is that the North 1025	
Carolinian location is predicted to have been dynamically uplifted by ~ 20 m over the last 1026	
25 Ma, a period during which well COST-B2 is predicted to have subsided by ~ 50 m.  1027	
This result underlines the difficulty of identifying the evolution of dynamic topography in 1028	
the geological record, since a post mid-Pliocene uplift of relatively small amplitude could 1029	
be more prominent in the present-day landscape than the dynamic subsidence of several 1030	
hundred meters predicted from the early Aptian to the late Eocene.  Determining spatial 1031	
and temporal trends of dynamic topography in details along the east coast of North 1032	
America requires further work.  1033	
 Comparison with the dynamic topography predicted by previous models.  To put 1034	
our results for well COST-B2 in perspective, we compare them in Fig. 9 with the results 1035	
of three previous studies of dynamic topography for the same area all using the same 1036	
definition of mantle-flow-driven dynamic topography, excluding the dynamics of the 1037	
thermal boundary layer (Moucha et al., 2008a; Müller et al., 2008b; Spasojevic et al., 1038	
2008). We use the results of Moucha et al. (2008a) for surface dynamic topography 1039	
calculated using mantle density heterogeneities deeper than 200 km.  These extend back 1040	
to 30 Ma and were integrated over a ~ 450 km x 550 km area offshore New Jersey that 1041	
includes the location of well COST-B2. The results of Spasojevic et al. (2008) extend 1042	
back to 50 Ma and were sampled at a point location ~ 150 km west of well COST-B2, 1043	
and the results of Müller et al. (2008b) extend back to 70 Ma and were sampled at the 1044	
location of well COST-B2.  Given the long wavelength nature of dynamic topography, 1045	
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the results of each of these studies can be considered representative of the New Jersey 1046	
margin and compared to our results.  Two cases are presented for each model considered, 1047	
including a second case for our model in which the lower mantle reference viscosity is 50 1048	
times larger than that of the upper mantle (this ratio is 100 in the reference case).  1049	
Modeling results are also compared to the anomalous subsidence deduced from Fig. 6C.  1050	
Note that this direct comparison implies that post-rift subsidence is only affected by 1051	
cooling of the lithosphere and dynamic topography, which may be an oversimplification. 1052	
The Neogene phase of anomalous subsidence (Fig. 9) is difficult to reconcile with the 1053	
results of Moucha et al. (2008a) and with model “ngrand m.b.a” of Müller et al. (2008b) 1054	
that predict uplift since 30 Ma and since 10 Ma, respectively.  All other models predict 1055	
subsidence throughout the Neogene, although the amplitude is too small except for case 2 1056	
of Spasojevic et al. (2008). The models of Moucha et al. (2008a) predict uplift between 1057	
30 Ma and 10 Ma, which is consistent with backstripping for constant sea level, whereas 1058	
all other models predict subsidence prior to 15 Ma, which is consistent with backstripping 1059	
using the sea level curve of Haq et al. (1987).  In addition, the uplift predicted by the 1060	
model of Moucha et al. (2008a) is consistent with the geologically-inferred uplift from 1061	
Virginia to Georgia (Dowsett and Cronin, 1990; Rowley et al., 2011), although the 1062	
inferred uplift rate is three to six times larger than the modeled uplift rate.  As discussed 1063	
above, sea level has fallen by at least 170 m over the last 85 Ma because of a combination 1064	
of decreasing volume of ocean basins and ice sheet growth in the Cenozoic.  As a 1065	
consequence, we favor models that predict Cenozoic dynamic subsidence of the New 1066	
Jersey margin.  However, the large uncertainty associated with the dynamic models that 1067	
predict between 160 m and 500 m of subsidence over the last 50 Ma (Fig. 9) make it 1068	
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difficult to estimate long-term eustatic sea level from the high quality-record of the New 1069	
Jersey margin by correcting for dynamic topography (Kominz et al., 2008; Müller et al., 1070	
2008b).  Long-term eustatic sea level change may be estimated from the global 1071	
stratigraphic record (Haq et al., 1987), a synthesis of  the flooding record  from 1072	
continental platforms around the world (Bond, 1978), or by modeling the change of 1073	
volume of ocean basins through time (Kominz, 1984; Müller et al., 2008b; Spasojevic 1074	
and Gurnis, in press), and should be corrected for the global effect of dynamic 1075	
topography (Conrad and Husson, 2009; Spasojevic and Gurnis, in press). 1076	
The contrasting evolution of dynamic topography predicted by different models 1077	
for the New Jersey margin (Fig. 9) calls for explanation.  The adjoint model of Spasojevic 1078	
et al. (2008) and the forward model presented here are based on numerical approaches 1079	
different to the backward advection models of Müller et al. (2008b) and of Moucha et al. 1080	
(2008a).  In addition, lateral viscosity variations that influence the evolution of thermal 1081	
heterogeneity in the mantle (Moucha et al., 2007) are taken into account via the 1082	
temperature dependence of viscosity in the model presented here and in that of 1083	
Spasojevic et al. (2008),  whereas they are ignored in the models of Moucha et al. (2008a) 1084	
and of Müller et al. (2008b) which only have radial variations in viscosity.  Furthermore, 1085	
the present model and that of Spasojevic et al. (2008) consider a simple two-layer 1086	
viscosity structure for the mantle (Paulson et al., 2007) whereas the models of Moucha et 1087	
al. (2008a) and of Müller et al. (2008b) each consider about 20 viscosity layers 1088	
throughout the mantle (Mitrovica and Forte, 2004; Steinberger and Calderwood, 2006).  1089	
These different viscosity structures affect the depth-dependence of surface dynamic 1090	
topography via the viscosity ratio between the different layers (Hager and Clayton, 1989; 1091	
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Fig. 3; Eq. 2).  For instance, decreasing the viscosity of the lower mantle by a factor of 1092	
two in our model increases the predicted subsidence since 85 Ma by ~ 15 % (Fig. 9). 1093	
The models of Moucha et al. (2008a) and of Müller et al. (2008b) are overall 1094	
similar in design, yet give different results for the New Jersey margin.  The main 1095	
differences between these two backward advection models include the mantle 1096	
tomography employed, the conversion from seismic velocity to density, the viscosity 1097	
structure of the mantle and the treatment of thermal boundary layers – essentially the four 1098	
main steps of estimating dynamic topography (Braun, 2010).  The scaling factor from 1099	
seismic velocity to density clearly has an effect on the amplitude of the predicted absolute 1100	
dynamic topography.  A constant scaling is applied to the whole mantle by Müller et al. 1101	
(2008b), but a radially and laterally variable scaling in the tomographic inversion of 1102	
Simmons et al. (2007) is used by Moucha et al. (2008a).  The effect of this spatially 1103	
variable scaling factor on the spatio-temporal evolution of dynamic topography predicted 1104	
by Moucha et al. (2008a) is likely to be significant.  As for mantle tomography itself, 1105	
Müller et al. (2008b) predicted Tertiary subsidence of the New Jersey margin using three 1106	
different S-wave tomography models.  The results of Müller et al. (2008b) also confirm 1107	
that the treatment of thermal boundary layers is important in backward advection models 1108	
(Conrad and Gurnis, 2003), as shown by the difference between their “pure” and 1109	
“modified” models in Fig. 9. The “modified” model predicts 150 m less dynamic 1110	
subsidence during the Tertiary than the “pure” model, presumably due to the removal of 1111	
shallow downwellings in the “modified” model. The “modified” model also predicts 1112	
uplift for the last 10 Myr, likely associated with the upward continuation of upwellings, at 1113	
odds with the subsidence of the New Jersey margin. The lithosphere is thus key not only 1114	
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to estimating present-day residual topography, as discussed previously, but also to 1115	
modeling time-dependent dynamic topography.  Finally, the main difference between the 1116	
viscosity structures used by Moucha et al. (2008a) and Müller et al. (2008b) is the 30-km-1117	
thick viscosity notch just above the 670-km phase transition (Mitrovica and Forte, 2004)  1118	
for which the viscosity is 300 times (5 times) lower than the reference viscosity in model 1119	
V1 (model V2).  This narrow low viscosity zone, potentially related to transformational 1120	
superplasticity or to an internal thermal boundary layer (Pari and Peltier, 1995), should at 1121	
least partially decouple the upper mantle from the lower mantle. Such a decoupling 1122	
should act to suppress the effect of the subducting Farallon slab that is imaged close to 1123	
the top of the lower mantle under the present-day east coast of North America (Liu et al., 1124	
2008; Müller et al., 2008b).  Thus Cenozoic subsidence of the New Jersey margin, as 1125	
opposed to the uplift predicted by Moucha et al. (2008a), appears mainly dependent on 1126	
the absence or presence of a low-viscosity notch just above the lower mantle under North 1127	
America.  1128	
Dynamic topography as a constraint on mantle flow and on the coupling between 1129	
mantle and lithosphere 1130	
 The previous section illustrates the need for detailed comparisons between the 1131	
evolution of dynamic topography predicted by models and that deduced from the 1132	
geological record, as well as the complexity and uncertainty of dynamic topography 1133	
models.  The comparison of model predictions to the geological record is made complex 1134	
by the large wavelength nature of the dynamic topography signal and the relative scarcity 1135	
of high-quality constraints.  The New Jersey example discussed above illustrates the 1136	
importance of the assumptions made when interpreting the geological record.  1137	
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Nevertheless, such comparisons are valuable since they constitute constraints for the 1138	
viscosity structure of the mantle, and for the response of the lithosphere to mantle flow. 1139	
From an observational point of view, increasing amounts of geophysical and 1140	
geochemical data and their compilation in databases will over time improve the 1141	
knowledge of the thermal and chemical structure of the crust and lithosphere, which are 1142	
critical to constraining present-day dynamic topography.  Global databases of 1143	
stratigraphic data will also be important to re-appraise global sea level change and 1144	
constrain the evolution of dynamic topography.  From a modeling point of view, the 1145	
comparison between the evolution of topography deduced from the geological record and 1146	
the dynamic topography predicted by mantle flow models can be made more direct.  The 1147	
usual, indirect, approach consists of comparing the model topography after removing the 1148	
isostatic component (thermal boundary layer) to the estimated dynamic component of the 1149	
topography deduced from the geological record.  Increasing computing power will soon 1150	
make it possible to explicitly model the deformation of the continental lithosphere in 1151	
global mantle flow models.  This would permit the simultaneous estimation of isostatic 1152	
and dynamic topographies, and would facilitate the comparison between modeling results 1153	
and data.  Explicitly modeling both the continental and oceanic lithospheres in global 1154	
mantle flow models would also open up the opportunity to study the response of the 1155	
viscoelastic lithosphere to mantle stresses.  Because of the computational cost of the 1156	
finite-element viscoelastic treatment of global mantle flow, viscoelastic studies of sea 1157	
level have largely been limited to the post-glacial rebound problem (e.g. Paulson et al., 1158	
2007). Increasing computational power and new numerical method will make 1159	
calculations possible that include the full range of rheological and structural variations 1160	
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from hundreds of meters to global scales (Stadler et al., 2010).  This would improve our 1161	
understanding of topography at intermediate wavelengths (400-800 km) at which both 1162	
small-scale convection and elastic flexure occur. 1163	
 1164	
CONCLUSIONS	1165	
Considerable progress has been made over the last 30 years on the observational 1166	
constraints on and the modeling of dynamic topography.  In addition to constraining the 1167	
nature of mantle convection and mantle rheology, studies of dynamic topography have 1168	
led to a new interpretation of the stratigraphic record and of long-term sea level change.  1169	
Current global models and observations of dynamic topography are in broad agreement at 1170	
very large scale (~ 10,000 km) but differ in some areas and at smaller scales 1171	
(< 5,000 km).  Increasing computing resources and modeling techniques provide the 1172	
opportunity to develop higher-resolution models that will be more readily comparable to 1173	
geological data.  In parallel, acquiring a better understanding of the global structure of the 1174	
lithosphere through data acquisition and compilation would improve the constraint on 1175	
present-day global dynamic topography and therefore on mantle properties. 1176	
 1177	
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APPENDIX 1. TECTONIC SUBSIDENCE OF WELL COST-B2 1191	
Backstripping 1192	
The updated stratigraphy of well COST-B2 was backstripped using the software 1193	
of White (1993) for constant sea level and for the eustatic curve proposed by Haq et al. 1194	
(1987) that features sea level variations of up to 250 m since the Paleozoic.  Both tectonic 1195	
subsidence curves show ~ 2.5 km of tectonic subsidence during the main rifting phase 1196	
between 210 Ma and ~ 175 Ma, followed by ~ 1.5 km of thermal subsidence.  1197	
Considering the large error bars on paleo-water depth associated with the two anomalies 1198	
in thermal subsidence at ~ 85 Ma and ~ 35 Ma, the thermal subsidence phase is overall 1199	
smooth until ~ 16 Ma when there is a marked acceleration in subsidence.   1200	
Strain rate inversion 1201	
 In addition to backstripping, we carry out a strain rate inversion analysis of the 1202	
backstripped data following the method of (White, 1993).  The best-fit subsidence curves 1203	
obtained from the inversion are shown in Fig. 6A, and the strain rate history is shown in 1204	
Fig. 6B for both sea level curves.  In both cases, the strain rate history describes a main 1205	
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first rifting phase between 210 Ma and ~ 165 Ma followed by a relatively minor rifting 1206	
phase between 155 Ma and 135 Ma.  The inversion predicts an increase in strain rate 1207	
from  ~ 15 Myr, of amplitude larger than the apparent second rift phase at ~ 145 Ma 1208	
(Fig. 6B). In addition, the inversion using the eustatic curve of Haq et al. (1987) predicts 1209	
protracted strain between ~ 85 Ma and 15 Ma.  1210	
Forward modeling of tectonic subsidence 1211	
We carry out forward modeling of pure shear lithospheric stretching following the 1212	
method of Jarvis and McKenzie (1980) in order to estimate the anomalous subsidence at 1213	
well COST-B2.  These forward models do not take into account flexure or depth-1214	
dependent extension.  We assume a single rifting phase between 210 Ma and 175 Ma, 1215	
lithosphere initially 160 km thick, continental crust initially 31 km thick, and varying 1216	
stretching factors between 1.8 and 2.2.  Although the solution is non-unique, these 1217	
parameters give a satisfactory fit to the observed tectonic subsidence (Fig. 6A).   1218	
Estimation of anomalous subsidence 1219	
We estimate the amount of anomalous subsidence for well COST-B2 by subtracting the 1220	
thermal subsidence predicted by the forward models from the observed data (Fig. 6C).  1221	
For each sea level curve, we use the models that best fits the early stages of post-rift 1222	
subsidence (130-110 Ma), namely a stretching factor of 1.9 for the curve of Haq et al. 1223	
(1987)  and of 2.0 for constant sea level (Fig. 6C).  On Fig. 6C, positive (negative) values 1224	
reflect anomalous subsidence (uplift) for which the model subsidence is shallower 1225	
(deeper) than the backstripped data.  Note the large error bars associated with paleo-water 1226	
depth, particularly for the period between 85 Ma and 35 Ma for which the uncertainty is 1227	
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± 230 m (Fig. 6).  We limit our analysis to the relative changes in anomalous subsidence 1228	
that exceed this uncertainty.  The case with eustatic sea level change displays 175 ± 70 m 1229	
of relative uplift between 125 Ma and 85 Ma, then 400 ± 45 m of relative subsidence 1230	
since 85 Ma, including 230 ± 110 m since 15 Ma.  The case for constant sea level shows 1231	
115 ± 70 m of relative uplift between 125 Ma and 85 Ma and 130 m ± 65 m of relative 1232	
subsidence since 10 Ma.  Note that in this latter case the relative subsidence of 60 ± 45 m 1233	
since 85 Ma is of smaller amplitude than the Neogene phase of subsidence, which implies 1234	
anomalous uplift between 85 Ma and 10 Ma.  The large differences in the evolution of 1235	
anomalous subsidence for the case with constant sea level and for the case accounting for 1236	
sea level change illustrate the importance of the sea level curve used when backstripping 1237	
stratigraphic data.  1238	
TABLES 1239	
 1240	
TABLE 1.  AMPLITUDE OF RESIDUAL AND DYNAMIC 
TOPOGRAPHY FIELDS 
Model Minimum Maximum RMS* 
  (m) (m) (m) 
Residual topography (Fig. 1) 
A. This study -1638 3158 556 
B. Steinberger (2007) -1557 2105 474 
C. Panasyuk and Hager (2000) -1704 1119 439 
D. Kaban et al. (2003) -2053 2144 613 
    
Dynamic topography (Fig. 4) 
A. This study -2235 1653 760 
B. Steinberger (2007) -2778 3039 909 
C. Ricard et al. (1993) -1605 611 430 
D. Conrad and Husson (2009) -1550 1450 480 
E. Spasojevic and Gurnis (2012) -3652 883 884 
*Root mean square amplitude       
 1241	
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TABLE 2.  STRENGHTS AND LIMITATIONS OF DYNAMIC TOPOGRAPHY 
MODELS 
Strengths Limitations 
Analytical and semi-analytical models  
Computationally cheap Radial viscosity variations only 
 Thermal diffusivity neglected 
Numerical models  
Forward models  
Computationally relatively cheap Dependent on synthetic initial condition 
Can achieve large dimensional time Kinematically driven 
Can achieve high resolution May result in unrealistic slab advection 
Can be compared to mantle tomography Upwelling is usually passive 
  
Backward advection  
Computationally relatively cheap Thermal diffusivity is neglected 
Can achieve high resolution Limited to a few tens of million years 
Consistent with the present-day density 
structure of the mantle 
Thermal boundary layers require special 
treatment 
 Usually kinematically driven 
Adjoint models  
Consistent with the present-day density 
structure of the mantle 
Computationally expensive 
Thermal diffusivity is accounted for Usually kinematically driven 
  
Hybrid models  
Computationally relatively cheap Not fully time dependent 
Consistent with the present-day density 
structure of the mantle Kinematically driven 
 
Thermal diffusivity neglected in the 
backward advection 
 1242	
FIGURE CAPTIONS 1243	
Figure 1. Graphical comparison between four residual topography fields calculated 1244	
independently.  All four models account for the flattening of old ocean floor (“plate 1245	
model”) with water-loaded oceans. Continents are air-loaded, and the mean residual 1246	
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topography is set to zero for comparison with dynamic topography models.    In the 1247	
continents, A was calculated by removing the mean continental elevation (529 m), B was 1248	
obtained by removing the isostatic contribution of the crust only, updated from 1249	
(Steinberger, 2007) using the age grids of (Müller et al., 2008a), C and D were obtained 1250	
by removing the isostatic contribution of both the continental crust and the continental 1251	
lithosphere. The thin and thick black lines are the coastlines and plate boundaries, 1252	
respectively.  In A, the white contours are the continent-ocean boundary from Müller et 1253	
al. (2008a), the magenta contours are the edge of the continents (-200 m; Harrison et al., 1254	
1983), the green contours outline Phanerozoic large igneous provinces and the yellow 1255	
contours indicate continental crust thicker than 50 km. The red star is the location of well 1256	
COST-B2 offshore New Jersey. Mollweide projection.  Data in B, C and D courtesy B. 1257	
Steinberger. 1258	
Figure 2.  Depocenter migration within Cretaceous western interior basin of North 1259	
America.  A. Map and cross-section of deltaic depocenters in the central Rocky Mountain 1260	
area. 1: pre-Campanian; 2: Campanian and Early Maastrichtian; 3: Maastrichtian. 1261	
Modified from Figure 15 of Weimer (1970). B. Predicted depth of the Farallon slab and 1262	
main tectonic elements (STB, dark shading: Sevier thrust belt; WIB, light shading: 1263	
Western Interior Basin; FAR: Farallon plate). C-F: cumulative (black curves) and 1264	
incremental (blue bands) residual subsidence from backstripped Late Cretaceous strata, 1265	
compared to the cumulative dynamic subsidence (pink curves) predicted by the adjoint 1266	
model of Liu et al. (2008), at different time intervals across section w-x in B. B-F 1267	
modified from Figure 3 of Liu et al. (2011). 1268	
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Figure 3.  Normalized surface deformation kernel showing the relative deformation 1269	
induced by a surface mass placed at a given depth in the mantle for spherical harmonic 1270	
degrees 2 (solid line), 4 (long dashes) and 8 (short dashes).  A value of unity implies 1271	
perfect isostatic compensation.  Values on the right-hand side axis indicate the relative, 1272	
non-dimensional viscosity of each of the four layers (lithosphere, asthenosphere, upper 1273	
mantle, lower mantle) considered in this case. The limit between upper and lower mantle 1274	
is shown in gray. Modified from Figure 24 of Hager and Clayton (1989). 1275	
Figure 4. Graphical comparison of the present-day dynamic topography (water-loaded in 1276	
the oceans, air-loaded in the continents, and averaging to zero) predicted by five distinct 1277	
models.  A and C show the dynamic topography fields predicted by time-dependent 1278	
mantle flow models, both numerical (A) and analytical (C).  B, D and E show the 1279	
dynamic topography field predicted by present-day instantaneous mantle flow models in 1280	
which the density structure is based on a seismic tomographic model of the interior of the 1281	
Earth.  See text for details. The red star in all panels shows the location of well COST-1282	
B2.  Mollweide projection.  Data in B. courtesy B. Steinberger, C. courtesy Y. Ricard, D. 1283	
courtesy C. Conrad and E. courtesy S. Spasojevic. 1284	
Figure 5.  Predictions of the adjoint models of Spasojevic et al. (2009). Flooding (A) and 1285	
dynamic topography (B) of North America since 100 Ma in a North-America-fixed 1286	
reference frame. C. Cross-sections at 41ºN of the velocity and temperature fields.  The 1287	
curves above the section show plate velocities (red) and dynamic topography (blue) along 1288	
the profile.  Black triangles denote a well in the area of Denver that moves with the 1289	
continent.  Note that the bottom-right cross section is for 90 Ma while the dynamic 1290	
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topography and flooding predictions are at 100 Ma.  Modified from Figures 4 and 12 of 1291	
Spasojevic et al. (2009). 1292	
Figure 6. Backstripped tectonic subsidence, evolution of strain rate and anomalous 1293	
subsidence for well COST B-2 (location shown on Figs. 1, 4 and 7).  A. Backstripped, 1294	
water-loaded tectonic subsidence plotted as black (sea level curve of Haq et al., 1987) 1295	
and gray (no sea level correction) circles with associated water depth error bars. The 1296	
forward-modeled tectonic subsidence is shown in gray dashed curves for stretching 1297	
factors between 1.8 and 2.2.  The modeled, best-fit tectonic subsidence from strain rate 1298	
inversion is shown as bold blue (sea level curve of Haq et al., 1987) and red (no sea level 1299	
correction) curves, and the associated time-dependent strain rates are shown in B.  C.  1300	
Anomalous subsidence taken as the difference between the subsidence deduced from 1301	
backstripping and the subsidence predicted by forward modeling.  The reference model is 1302	
for a stretching factor of 1.9 when sea level changes are taken into account (black curve, 1303	
circles and error bars) and 2.0 when they are not (gray curve, circles and error bars).  1304	
Negative values indicate anomalous uplift and positive values indicate anomalous 1305	
subsidence. 1306	
Figure 7. Evolution of air-loaded dynamic topography predicted by our model, shown in 1307	
50 Myr intervals with reconstructed coastlines (thin black lines), and subduction zones 1308	
(teethed thick gray lines).  Stars show reconstructed locations of: well COST-B2 offshore 1309	
New Jersey (large, red star) and a conjugate virtual well in Western Sahara (large, orange 1310	
star), location 4 of Dowsett and Cronin (1990) in North Carolina (small, green star) and a 1311	
conjugate virtual well in Senegal (small, cyan star). 1312	
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Figure 8. Dynamic topography sampled through time at the reconstructed locations 1313	
shown in Fig. 6.  The dashed part of the curve is not shown in Fig. 6.  The inset shows 1314	
dynamic topography with respect to present for the two locations in New Jersey (NJ) and 1315	
North Carolina (NC). Sen: Senegal; WS: Western Sahara. 1316	
Figure 9.  Comparison between the dynamic topography predicted by four distinct time-1317	
dependent models (two cases are shown for each model) for the New Jersey margin and 1318	
the anomalous uplift and subsidence at well COST-B2 since 85 Ma.  The plain (dotted) 1319	
gray field shows the anomalous subsidence and associated error relative to the present 1320	
day based on backstripping with (without) eustatic sea level change.	1321	
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